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Abstract 

 

Glacial cycles are known to exert an influence on the regional state of stress and in turn this 
may influence the stability of faults and increase the frequency of earthquakes.  This report 
reviews the scientific background related to the response of the Earth to glacial cycles, 
summarizing current knowledge and understanding of the influence of glacial cycles on the 
evolution of fault stability.  
 

To model the spatio-temporal variation of stress and fault stability, the stresses induced from 
glacial loading, including those from bending of the lithosphere and relaxation of the mantle are 
superposed on the overburden stress, pore fluid pressure and ambient tectonic stresses to give 
the total stress.  The effect of stress changes associated with sedimentation and erosion 
processes and shear induced by glacier flow are also considered and are found to be relatively 
unimportant.  Various rock failure criteria including the changes in fault stability margin from 
Mohr-Coulomb failure criteria are reviewed and the assumption of virtual faults and optimal 
orientation are also discussed. Stresses induced by glacial loads are not large enough to 
fracture intact rocks in the crust, but can reactivate pre-existing faults that are initially close to 
failure. Since the ambient tectonic stresses are required to keep pre-existing faults close to 
failure, both glacially induced stresses and ambient tectonic stresses are important in fault 
stability studies.   
 

The spatio-temporal variation of the fault stability margin ( ) in once glaciated areas of 
Eastern Canada (Laurentia or Laurentide), Fennoscandia, and Scotland are studied. For loads 
of large horizontal extent (e.g. Laurentide ice sheet), fault instability is suppressed by the weight 
of the load. However, this is not true for small isolated ice caps since the effect of stress 
amplification becomes significant.  The effects of tectonic stress and overburden, material 
properties, compressibility, mantle rheology and lithospheric ductile zones are also studied.  It is 
found that a thrust background stress regime is able to explain many of the observed data in 
Laurentia and Fennoscandia.  The size of the ice sheet and its deglaciation history are found to 
have large effects on the onset timing of earthquakes inside and outside the ice margin.  Mantle 
rheology has large effects on the onset time of earthquakes and the amplitude of fault stability 
margin outside the ice margin, but has little effect on the onset timing and mode of failure within 
the ice margin.  However, mantle viscosity is observed to have a large effect on the rate of 
change in  within the ice margin after glacial retreat.  A vertical ductile zone within the 
lithosphere is found to concentrate the strain rate and  near the ductile zone inside the ice 
margin. 
 

Results from modeling slip on a single fault plane in 2D confirm that faults can become 
stabilized when loaded by an ice sheet of sufficient thickness and can be reactivated near the 
end of deglaciation. When reactivated, thrust faults with low dip angle typically slip once and 
stop, but high angle thrust faults can slip more than once, with subsequent slips smaller than the 
first event. The amount of fault slip can be predicted from the model which dictates the 
magnitude of the induced earthquake and the stress release which determines the subsequent 
seismic history of the fault.   
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1. INTRODUCTION 

Intraplate earthquakes are observed in the once glaciated areas of Eastern Canada 
(Laurentia/Laurentide), Northern Europe (Fennoscandia) and around the current ice margins of 
the Greenland and Antarctica ice sheets.  In order to understand the spatio-temporal variation of 
the state of stress and the potential for fault motion in particular, the role of glacial loading and 
unloading in the triggering of earthquakes needs to be considered. 
 
The main aim of this report is to review the scientific background, the conceptual model and 
computational results related to the spatio-temporal evolution of stress and fault stability in 
glaciated areas.  Although some geophysical and geological observations are also mentioned, 
their review is outside of the scope of this report. 
 
In Section 1, terminology such as ice sheets, ice ages and glacial isostatic adjustment will be 
described, as well as some of the geological observations about intraplate earthquakes, the 
state of stress and the importance of visco-elasticity in understanding glacial isostatic 
adjustment of the Earth to glacial cycles.  Section 2 reviews the computational methods for the 
stresses induced by glacial cycle.  Section 3 reviews spatial-temporal variation of total stress 
and summarizes how the contribution from pore fluid, overburden and tectonic stresses are 
included in the model.  The shear stress induced by the motion of ice sheets is also considered.  
Section 4 reviews the failure of rocks and faulting mechanisms, including a discussion of the 
change in fault stability, which will be central to the discussion of this report.  Section 5 reviews 
some recent work and recent progress in understanding the factors that affect fault stability.  
Section 6 reviews recent work that attempts to treat faults more realistically, followed by a 
discussion and summary of the key findings in this report. 
 

1.1 GLACIERS, ICE AGES AND GLACIAL ISOSTATIC ADJUSTMENT 

1.1.1 Glaciers, Ice Sheets, Ice Stream & Ice Shelf 

A glacier is a large, slow-moving mass of perennial ice formed by the compaction of layers of 
snow.  There are two types of glaciers: alpine glaciers that are found in mountainous areas and 
continental glaciers that contain an enormous mass of ice continuously covering large areas of 
the continent.  Smaller glaciers that cover less than 50,000 km2 are called ice caps while the 
larger ones are called ice sheets.  Today, ice sheets are found only in Antarctica and 
Greenland.  
 
The shape of the Antarctic ice sheet is approximately parabolic (refer to section 3.4, Eqn 3.13), 
so that the maximum ice thickness is determined by its horizontal dimension and the mean yield 
stress at the base of the glacier.  The parabolic profile is predicted by ice mechanics and is 
taken to be the ideal ice shape.  During the last Ice Age, the Laurentide ice sheet covered most 
parts of Canada and northern USA, the Fennoscandian (or Weichselian) ice sheet covered 
Northern Europe and the Patagonian ice sheet covered the southern part of South America.  
 
Where the ice sheet meets the ocean, there is a thick tongue of floating ice called the ice shelf.  
An ice sheet may contain ice streams – long narrow regions that move significantly faster than 
the surrounding ice.  Ice streams usually occur where the ice starts to leave the ice sheet and 
enter into the ice shelf.  In Antarctica, ice streams account for about 10% of the volume of ice.  
The speed of flow in the ice streams of Greenland is approximately 100 m/year, but fast flowing 
outlet glaciers have an ice flow rate as high as 1500 m/year (Joughin et al. 2008).  Ice quakes 
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can occur within an ice sheet, possibly due to calving of ice (Tsai et al. 2008, Tsai & Ekström 
2007) and should not be confused with earthquakes, as discussed in this report. 
 

1.1.2 Ice Ages 

The normal temperature of the Earth throughout its history has been much warmer than today 
and normally the Earth seems to have been ice-free even in high latitudes.  However, there is 
evidence of 4 to 5 extensive Ice Ages in the past:  The earliest one is the Huronian ice age (2.7- 
2.3 billion years ago) but this is less well-documented than the others.  The second one 
occurred during the Neoproterozoic (850 – 630 million years ago) and may have produced a 
Snowball Earth (i.e. the whole Earth appears to have been encased in ice – even at the 
equator).  This is followed by a minor ice age during the Late Ordovician and the Silurian 
periods (460-430 million years ago) and a more extensive ice age during the Permo-
Carboniferous period (350 – 260 million years ago).  The latest and the best documented is the 
Pleistocene ice age (2.6 million years ago) although the climate in the Northern Hemisphere 
started a gradual, but not strictly uniform, decline, even in the Eocene.  The Antarctic ice sheet 
started to grow almost 20 million years ago.   
 
Within each ice age are cycles of glaciation with ice sheets advancing and retreating.  The 
colder periods are called glacial periods and the warmer periods inter-glacials.  Within a glacial 
period there are warmer periods of short durations called interstadials, and within the warmer 
inter-glacial periods there are colder stadial periods.  Isotope data from deep sea cores and ice 
cores show that during the last million years, the glacial cycles are 100,000 years long with 
growth period of about 90,000 years followed by more abrupt deglaciation period of about 
10,000 years (Imbrie et al. 1984).  Before the past million years or so, the periods of the glacial 
cycles are only 40,000 years long and can be explained by the Croll-Milankovitch astronomical 
theory of variations in insolation (Muller & MacDonald 1997). The last ice age in the Pleistocene 
ended about 9,000 years ago, and today the remaining continental ice sheets are the Greenland 
and the Antarctic ice sheets.  According to this pattern of glacial growth and decay, the Earth 
will experience another ice age in around sixty thousand years or so (Peltier 2011). 
 

1.1.3 Glacial Isostatic Adjustment of The Earth To Glacial Cycles 

During the last ice age, much of northern Eurasia, North America, Greenland and Antarctica 
were covered by ice sheets.  The ice may have been as thick as 4 kilometers during the last 
glacial maximum 20,000 years ago (Roy & Peltier 2015). According to Peltier (2004), the ice 
was 5 km thick, but it was later revised downwards (Argus & Peltier 2010, Peltier et al. 2015).  
The enormous weight of this ice caused the surface of the Earth to deform and downwarp under 
the ice load, forcing the fluid mantle material to flow away from the loaded area.  At the end of 
the ice age, when the glaciers retreated, the removal of the weight from the depressed land led 
to uplift or rebound of the land and the return flow of mantle material back under the deglaciated 
area.  Due to the high viscosity of the mantle, it takes thousands of years before the land can 
return to isostatic equilibrium.  This process used to be called postglacial rebound, but recently 
has been replaced by glacial isostatic adjustment (GIA).  The reason is that the Earth’s crust not 
only rebounds upwards underneath the area once covered by ice, but there are also sinking or 
more complicated vertical motions outside the ice margin.  The word ‘isostatic’ implies that the 
adjustment process is very gradual and slow.  In reality, the isostatic movement is punctuated 
by local, abrupt movements of the Earth’s surface when faults are reactivated near the end of 
deglaciation (Dyke et al. 1991, Arvidsson 1996).  Associated with the vertical land movement of 
GIA is horizontal motion of the land, changes in ocean surface, the Earth’s gravity field, and the 
rotational motion of the earth (Wu & Peltier 1984, Milne & Mitrovica 1998, Peltier 1998).  
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1.2 STRESS AND EARTHQUAKE OBSERVATIONS 

The spatial distribution and focal mechanism of intraplate earthquakes in Eastern Canada, 
Northern Europe, Greenland, and Antarctica provide useful observational constraints in our 
study of glacial induced seismicity.  Currently, Greenland and Antarctica are still covered with 
large ice sheets and are experiencing deglaciation.  On the other hand, deglaciation was 
essentially completed several thousand years ago in Fennoscandia (Northern Europe) and 
Laurentia (Eastern Canada), although glaciers are still found in Baffin Island and the High Arctic.  
Together, these provide important clues as to what happens in these two vastly different phases 
of a glacial cycle.  
 
Earthquakes in Antarctica are rare – only 6 large events have been detected since the 1950s.  
The largest one (Mw8.1) was located just outside the ice margin near Balleny Island (Tsuboi et 
al. 2000) and is thought to have been induced by deglaciation (Gangopadhyay 2006).  Three 
others were located near the ice margin and two smaller ones are found within the ice sheet 
(Fig.1.1d).  In Greenland, there are many more intraplate earthquakes, but the largest 
earthquake detected had a magnitude of M5.5 (Voss et al. 2007).  As in Antarctica, most of the 
earthquakes in Greenland are located near the ice margin; however, a few of them have been 
located in the stable interior beneath the ice (Fig. 1.1c).   
 
In Eastern Canada (east of the Cordillera), historic earthquakes as large as M7.3 occurred in 
1933 (Adams 1996).  In recent years, the largest recorded earthquake was the 1988 M6.5 
earthquake near Charlevoix, Quebec.  Spatial distribution of recent earthquakes shows that 
seismic activities mainly lie along three pre-weakened tectonics zones (see Fig. 1.1a): (i) the 
Baffin Bay-Grand Banks Mesozoic rift margin; (ii) the Paleozoic Boothia Uplift-Bell Arch; and (iii) 
the Paleozoic rift along the St. Lawrence Valley-Ottawa Bonnechere Graben (Adams & Basham 
1989).  In Northern Europe, most of the larger (M>4) earthquakes are located near the coastal 
regions while the interior is relatively non-seismic with most magnitudes less than M4 (Fig.1.1b).   
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Figure 1.1: Earthquake location and magnitude in:  (a) Eastern Canada, where BA=Bell 
Arch, BB=Baffin Bay, BU=Boothia Uplift, GB=Grand Banks, LS=Labrador Sea, 
OBG=Ottawa Bonnechere Graben, SLV=St. Lawrence Valley (b) Northern Europe, (c) 
Greenland and (d) Antarctica. (See Wu & Hasegawa 1996b, Wu et al. 1999, Voss et al 
2007, Tsuboi et al. 2000). 

The fault-plane solution of earthquakes tells us the orientation of the stress and the mode of 
failure.  Unfortunately, the focal mechanism of small earthquakes is difficult to determine.  Fig. 
1.2 shows that thrust faulting is dominant in Eastern Canada, except in Baffin Island where the 
mode is normal faulting.  Fig. 1.2 (ii) shows that in Fennoscandia, the mode of failure is a 
mixture of strike-slip, normal and thrust motion (Arvidsson & Kulhanek 1994, Slunga 1991).  
Along the ice margin of Greenland, the mode of failure is primarily normal faulting with some 
strike slip motion, while the earthquake recorded outside the Antarctic ice sheet near Balleny 
Island is strike-slip.  For these intraplate earthquakes, strike-slip motion generally indicates that 
tectonic stress has a dominant contribution while thrust faulting is generally characteristic of a 
compressive regime inside the ice margin.  Normal faulting can be attributed to the tensional 
stress at the peripheral bulge outside the ice margin.  However, these conditions may be 
influenced by the background tectonic stress. 
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Figure 1.2: Stereographic projections of fault-plane solution of earthquakes in (i) Eastern 
Canada (Modified from Hasegawa et al. 1985, Steffen et al. 2021a) and (ii) Fennoscandia 
(Arvidsson & Kulhanek 1994).  

 
The orientation of the contemporary stress field in Eastern Canada (see Fig. 1.3) is almost 
uniformly aligned along an ENE-NE azimuth (Adams & Bell 1991, Zoback & Zoback 1991, 
Zoback 1992a, b, Heidbach 2008) and is readily explained by the stresses associated with 
spreading at the Mid-Atlantic Ridge (Richardson & Reding 1991).  In Fennoscandia, the near-
surface stress orientation is more variable (Clauss et al. 1989, Stephansson 1989), probably 
due to local faults and topography.  The first order maximum horizontal principal stress 
orientation below 300 m depth is NW-SE and is associated with the direction of ridge-push from 
the Mid-Atlantic Ridge (Slunga 1991, Gregersen 1992).  It is now thought that the current stress 
field in Fennoscandia is dominated by a tectonic stress regime (e.g., Bungum et al. 2010, 
Pascal et al. 2010, Pascal and Cloetingh 2009). 
 

   

Figure 1.3: Orientation of the contemporary regional stress field (bold inward-pointing 
arrows).  a.  In Eastern Canada, the orientation of an earlier stress field deduced from 
postglacial faults (red thin inward-pointing arrows) is also shown (Wu 1996).  b.  In 
Fennoscandia, the location and orientation of some postglacial faults are also shown 
(Wu et al. 1999). 

 



 

 

6

Postglacial faults have been found in both Laurentia and Fennoscandia (Fig. 1.3);  (see Fenton 
(1994), Munier & Fenton (2004) and Steffen et al. (2021) for more detail).  These faults are 
interpreted to have formed in postglacial times because they offset scour marks left by the 
moving glaciers.  The throw of the postglacial faults in Fennoscandia can be as high as 15 
meters (Lundquist & Lagerbäck 1976).   Most of the postglacial faults in southern Laurentia 
have throws in the millimeters range, but a few are in the 5-50 centimeter range (Fenton 1994). 
In the Canadian Arctic, the Boothia Arch was reactivated abruptly near the end of deglaciation 
resulting in 60-120 m of local relief (Dyke et al. 1991).  Such deformation can be interpreted as 
the movement of a postglacial fault.  The postglacial faults in south-eastern Canada tell us that 
the orientation of the stress field during postglacial times was quite different from that of today 
(Adams 1989).  The maximum horizontal principal stress at that time was mostly perpendicular 
to the ice margin (see Fig. 1.3a), but since then has rotated by about 90 degrees to the current 
ENE-NE direction.  This indicates that the stress due to the ice sheet was dominant during 
postglacial times but today, tectonic stress has become the dominant stress.  This amount of 
stress rotation has been used to constrain the viscosity of the mantle and the difference in 
magnitude between the maximum and minimum horizontal principal tectonic stresses (Wu 
1996). 
 
The dating of some earthquake-triggered mud slumping events in Eastern Canada indicates 
that earthquake activities were generated at the end of deglaciation around 9,000 years ago 
(Shilts et al. 1992, Dyke et al. 1991).  The dating of earthquake-induced liquefaction features in 
the Wabash Valley, bordering Indiana and Illinois, gives an earthquake-onset time of 8 to 1 ka 
BP (Obermeier et al 1991).  Ancient faults reactivated by glacial isostatic rebound in 
Fennoscandia were active about 9,000 years ago (Lundquist 1986, Lundquist and Saarnisto 
1995, Muir-Wood 1989, Lagerbäck 1979, 1990, Mörner et al. 2000) and the magnitudes could 
have been as large as 8.2 ± 0.2 Mw (Arvidsson 1996).  These onset timings have been used to 
discriminate between different glacially induced seismo-tectonic models (Muir-Wood 2000, 
Stewart et al. 2000). 
 
Based on the above observations and modeling results, Wu & Hasegawa (1996a, b) and Wu 
(1997) proposed that both tectonic forces and glacially induced stress are needed to explain 
current seismicity and stress data in Laurentia.  Past tectonic processes have created zones of 
weakness in which current tectonic stresses bring pre-existing faults close to failure.  During 
glacial time, the near-surface stress induced by the glacial load in Laurentia was large enough 
to dictate the stress orientation while glacial unloading reactivates pre-existing faults that are 
critically stressed.  As the stress induced by glacial unloading gradually diminishes with time 
after deglaciation ended, tectonic stress becomes increasingly important and is large enough to 
dominate the stress orientation.  However, this does not mean that the stress induced by glacial 
unloading cannot trigger intraplate earthquakes today.  In fact, earthquakes today could still be 
triggered by the deglaciation event 9000 years ago, and depending on the viscosity profile of the 
Earth, fault stability may increase or decrease over time. 
 
The relation between rapid deglaciation (near the ice margin) and earthquakes is consistent with 
the observed spatial distribution of earthquakes in Greenland and Antarctica.  This is further 
supported by the finding of Sauber & Molnia (2004) that linked rapid glacial melting in southwest 
Alaska to the 1979 St. Elias M7.2 earthquake. 
 

1.3 VISCO-ELASTICITY AND THE LITHOSPHERE 

In order to model the glacial isostatic adjustment process and compute the stress induced 
during a glacial cycle, the Earth must be treated as visco-elastic, which means rocks deform as 
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a solid and flow like a fluid.  An important consequence of this is that the stress in the mantle will 
relax during the glacial cycle causing stress to migrate and concentrate in the lithosphere.  
These concepts are reviewed and explained below. 
 
During the 1950-60s, when the idea of plate tectonics was hotly debated, geoscientists realized 
that all rocks are visco-elastic; otherwise, it is impossible to reconcile how the mantle can flow 
like a fluid and yet can support shear waves to propagate within it (note that shear waves do not 
travel in a fluid).  Rock physics shows that visco-elastic material can be characterized by the 
shear modulus,  and viscosity, .  When stress is applied to a visco-elastic body, it behaves 
like a solid if the duration of the applied stress is short compared to the Maxwell time, which is 
defined to be M   .  If the stress duration is longer than the Maxwell time, M , then the 
visco-elastic body starts to flow and behave like a viscous fluid.  
 
The viscosity of a material is determined by its temperature.  This is clearly illustrated in honey, 
which flows under room temperature but behaves like a rigid solid when cooled in a freezer.  A 
consequence of this is that the definition of the lithosphere, especially its effective thickness - 
which determines the relaxation of rebound stress, depends on the temperature and the stress 
duration through the Maxwell time. 
 
The temperature near the surface of the Earth is generally colder than that at greater depth; 
thus, the colder outer shell of the Earth results in a very high viscosity layer (see Fig. 1.4).  The 
viscosity of the Earth’s outer shell is so high that the Maxwell time exceeds even the resident 
time of mountains.  In other words, within this resident time period, there is little transition to fluid 
behavior – thus, this “elastic” layer provides support to mountains to keep them elevated and 
prevents them from sinking into the mantle.  The actual strength of this elastic layer is limited by 
the fracture stress, above which brittle deformation occurs (Ranalli 1995, also see Fig. 1.5).   
 

 

Figure 1.4: (a) Typical temperature profile in the top 200 km of the Earth. (b) 
Corresponding Maxwell time as a function of depth of a uniform mantle. 

 
At greater depth, mantle temperature continuously increases (see Fig. 1.4a) and thus the 
viscosity and the Maxwell time both decrease exponentially with depth (Fig. 1.4b).  The 
predicted exponential decay is due to the fact that viscosity is a thermally activated process and 
varies exponentially with temperature.  In reality, vertical changes in chemical composition and 
other factors may also affect how the Maxwell time changes with depth (see Fig. 1.5). 



 

 

8

 
Figure 1.5: Schematic diagram of a Brace-Goetze lithosphere. a) Typical continental 
temperature-depth profile. b) Brittle strength and viscous strength in a 2-layer 
lithosphere: the composition of the crust above the Moho is assumed to be quartz and 
the composition of the upper mantle is olivine.  The brittle shear strength (blue line) 
increases linearly with depth (see section 4) and the viscous strength (red curves) 
decreases with depth.  c) Strength profile constructed from b using the fact that the 
deformation mechanism taken by a rock at any depth is the one that requires less stress. 

 
For glacial loads with duration of 100 thousand years or so, the mechanically strong outer shell 
that does not relax to become a fluid within this period is the lithosphere seen by the glacial 
process.  The thickness of this layer is typically of the order of 100 km or more under old and 
cold cratons (Fig. 1.4b).  Below the base of this lithosphere, the mantle will start to creep like a 
fluid when the duration of the load exceeds the Maxwell time.  The yield strength decreases 
rapidly with increasing temperature and thus is very small.  The strength of this ductile layer is 
determined by its viscous (creep) strength (Ranalli 1995).  
 
From a different perspective, the effective thickness of the lithosphere depends on the duration 
of loading.  To see this, consider a load placed on the surface of a visco-elastic Earth with 
uniform composition (Fig. 1.4b).  Immediately after loading, the whole mantle supports the load, 
and the whole mantle appears elastic initially.  However, as the load duration increases, only the 
upper part of the mantle, with Maxwell time larger than the load duration, can support the load.  
Thus, the “elastic” part of the mantle (that can provide support to the load) continuously shrinks 
towards the surface as the load duration increases.  As a consequence, the lithosphere ‘seen’ 
by glacial loads is thicker than the lithosphere ‘seen’ by mountain loading because their loads 
have different loading duration. 
 
The above stress relaxation applies to a layered lithosphere as well, where there is 
compositional change with depth (e.g. Fig. 1.5).  The added complication is the lithospheric 
ductile zone in the lower crust (above the Moho) which can also flow and allow stress relaxation, 
which will be discussed in Section 5.5. 
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1.4 SUMMARY 

This chapter introduces some terminology and basic information about glaciers, ice sheets, ice 
streams, ice shelf, ice ages and the glacial isostatic adjustment (postglacial rebound) 
processes.  It also reviews some observational data about stress orientation, earthquake 
distribution and mode of failure.  The important ideas to remember are that: (i) faults were active 
around the end of deglaciation and the orientation of the postglacial faults indicates that the 
paleo-stress orientation in Laurentide was different from that of today; (ii) at shallow depth, 
rebound stress due to the ice load in Laurentide and Fennoscandia were large enough to 
dominate the state of stress at early postglacial time when the postglacial faults were activated; 
(iii) since that time, the contribution of rebound stress to the state of stress has decreased; (iv) 
the present-day distribution of earthquakes indicates that both rebound and tectonic stresses 
are responsible for the current-day seismicity.  Finally, the idea of lithosphere, stress migration 
and upward concentration and a ductile lower crust were introduced.  These ideas are important 
for the following discussions. 
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2. METHODOLOGY FOR GIA STRESS MODELING 

Models have been developed to compute the spatial-temporal variation of stress due to the 
loading and unloading of ice sheets during a glacial cycle on a visco-elastic Earth. The methods 
for the computation will be briefly reviewed here, but the details can be found in the original 
papers. 
 

2.1 EQUATIONS OF MOTION AND BOUNDARY CONDITIONS 

The initial state of the Earth, before the application of any deforming stresses, is assumed to be 
in a state of hydrostatic equilibrium (see Chapter II in Cathles 1975: 

dpo dr  ogo                                                                 (2.1) 

where po is pressure, o is density, go is gravity and the subscripts 0 denote the initial state. 
The gravity of the initial field is related to the gravitational potential o by Poisson’s equation: 

                                                    (2.2)  

This equation states that the density distribution determines the gravitational potential and the 
gravitational acceleration (or gravity).  The Earth model that satisfies Poisson’s equation is often 
called self-gravitating because, when deforming stresses are applied, the movement of masses 
alter the local gravity and its potential (via gravitational attraction) and Poisson’s equation 
remains valid (see equation 2.5). 
 
The perturbed state is when deforming stresses are applied and there is motion.  The motion 

gives rise to strain, ij, and stress,ij, in addition to the perturbed density 1, gravity g1 and 

gravitational potential, 1.   
 
These perturbed quantities must satisfy the linearized version of Newton’s law of momentum 
conservation (Farrell 1972, Cathles 1975, Wu & Peltier 1982): 

 0 0 0 1 1 1ˆ ˆ0           
  

u g r g r                              (2.3) 

Note that the acceleration term on the left side of equation 2.3 is neglected because the glacial 
isostatic process is too slow to be of significance.  The terms on the right side of the equation 
are the divergence of stress, the advection of pre-stress, the perturbed gravity field and the 

buoyancy force of local density perturbation, respectively.  Here, ˆ r  is a unit vector in the radial 

direction, and  is the displacement vector with .  
 

Cathles (1975) pointed out that the advection of pre-stress term,  exists only for an 

elastic solid and not for a viscous fluid; however, he did not clarify the role this term plays in a 
visco-elastic Earth.  Wu & Peltier (1982) pointed out that this term is required in order that the 
correct boundary condition is satisfied in the viscous fluid limit.  Furthermore, Wu (1992a) 
showed that this term provides the restoring force of isostasy and without it there will be no 
postglacial rebound.  Wolf (1985a, b) argued that ogour in the advection of pre-stress term 
connects the material incremental stress to the local incremental stress.  This term is also 
important in the implementation of the equation of motion with the Finite-Element Method (Wu 
2004). 
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Since mass must be conserved during the deformation process, the second equation used in 
models of glacial isostatic adjustment (GIA) is the linearized continuity equation: 

                                          (2.4)  

This equation says that the perturbed density has two contributions: the change in volume of the 
parcel of mantle material as it moves (first term on the right side), and the change in the 
background density of the new environment (last term on the right). Since the Earth is self-
gravitating, this perturbed density, 1, causes a change in the gravitational potential and is 
described by Poisson’s equation: 

                                                        (2.5)  
 

Finally, the material properties of the Earth must also be included.  Because the Earth is visco-
elastic, and the simplest visco-elastic model that can describe the glacial isostatic adjustment 
(GIA) process is that of a Maxwell body, its constitutive relation between stress and strain will be 
used: 


 t

ij 



ij  1
3
kkij    

 t
rrij  2 

 t
ij                (2.6) 

where ij and ij are the stress and tensor, respectively, ij is the diagonal tensor,  and  are 

the elastic Lamé parameters and  is the viscosity.  
 
Equations (2.1) to (2.6) form the complete set of Equations of Motion that must be solved in 
order to model the deformation of the Earth.  The solution that satisfies these Equations of 
Motion must also satisfy a specific set of boundary conditions.  Although the specific boundary 
conditions may vary from problem to problem, the conditions common to glacial isostatic 
adjustment are: 

(i)   Continuity of gravitational potential throughout the Earth: 1 

 0 

(ii) At the surface of the Earth, r  a:   ˆ r  



 0, so that for normal stress  rr z0

 go and 

for shear stress  r z0
 0.  Here,  is the surface mass density of the applied surface 

load.  In addition, the gradient of gravitational potential satisfies 

. 

 (iii) At internal solid-solid boundaries,   ˆ r  



 0, so that  rr 


  r 


 0.  In addition, there is 

continuity of displacement  and . 

(iv) At the core-mantle boundary, CMB,   ˆ r  



 

f
gour

ˆ r , where  f is the density at the top of 

the fluid core and ur is the radial displacement at the elastic-fluid boundary.  In addition, 

shear stress vanishes at the CMB,  and . 

 
The Equations of Motion and the boundary conditions described above are those for elastic 
solids, but as the visco-elastic Earth relaxes the equations and the boundary conditions for a 
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viscous fluid will also be satisfied (Wu & Peltier 1982).  This can be seen by defining the viscous 
stress to be: 


V

  ogour I                                                      (2.7) 

Equation (2.7) will turn the equations of motion and boundary conditions for an elastic solid to 
those for a viscous fluid.  As will be seen in Section 2.2.2, this equation forms the backbone of 
the Coupled Laplace-Finite-Element method. 

2.2 SOLUTIONS 

2.2.1 Spectral Approach  

The set of equations of motion that consists of partial differentiations in both time and space can 
be reduced to a system of ordinary differential equations by applying the following transforms.  
First, apply the Laplace Transform, which converts time, t, to the transform variable, s.  Then, 
the solution in space is decomposed into its spherical harmonics or wave-number, k, which 
results in the removal of horizontal derivatives.  After these transformations, the Equations of 
Motion can be expressed as a system of ordinary differentiation equation of order 6 – with 
differentiation in the radial direction only.  For a radially stratified Earth, the ordinary 
differentiation can then be solved by the usual propagating matrix or numerical integration 
techniques (Cathles 1975, Peltier 1974).  
 
Analytical solutions in the spatial k-domain (or for a certain spherical harmonic) exist for a few 
simple cases.  For example, the solutions for incompressible or compressible halfspaces are 
given by Wolf (1985a, b) while the solution for a spherical uniform Earth is given in Wu & Peltier 
(1982).  Perhaps, more appropriate for the study of stress, is the solution for an elastic layer 
over an inviscid mantle, whose solution is given by Johnston et al. (1998).  This will be used to 
benchmark the Finite Element Method described in the following sub-section. 
 
The solution obtained in the transformed s and spectral domains needs to be transformed back 
to the space and time domains.  The inverse transform in space is straight forward (e.g., 
Cathles 1975), but the inversion back in the time domain is more involved.  Peltier (1974) used 
the collocation method for time-inversion, but the result is only approximate.  Commonly used is 
the method of Normal Modes (Wu 1978, Peltier 1976), which involves finding poles and 
singularities in the complex s-domain (Wu 1978, Peltier 1985, Klemann et al. 2003).  
 
The spectral method generally works well for laterally homogeneous visco-elastic Earth models 
if there is no sharp change in the surface load magnitude – otherwise, the Gibbs Phenomenon 
can cause distortions in the solution especially near the edge of the load.  Another problem is 
numerical instability in the integration of the ordinary differential equation, which becomes stiff 
for small values of the transform variable, s – instability in the solution arises when the 6th-order 
ordinary differential equation for an elastic solid becomes a 2nd-order differential equation for a 
fluid (Wu 1978).  Another limitation of the spectral method is that it does not work well when 
there is strong lateral change in material properties inside the Earth; as shown in Wu (2002a), 
lateral heterogeneity introduces mode-coupling, making the spectral solution very difficult to 
implement. 

2.2.2 Finite Elements & Other Numerical Approaches 

The Finite-Element (FE) method is a more versatile tool because it can take into account of 
strong lateral variation of material properties in the Earth.  Unlike the spectral method that works 
well only if mantle creep is linear, the FE method can also be used to model nonlinear creep 
flow inside the mantle. 



 

 

13

However, for the FE method to work well, the spatial scale of the elements must be small 
enough that the lateral change in displacement or stress within an element is small. Otherwise, 
the gradient in stress and displacements cannot be resolved.  Thus, the computation normally 
involves a large number of FE grids, and this increases the computational memory, time and 
cost.  
 

 
Figure 2.1: Vertical component, tangential and radial components of the material 
incremental stress due to the loading of an axisymmetric load of radius 1000 km with 
parabolic profile on an elastic plate over an inviscid mantle.  The results are computed by 
the Finite Element (FE) technique.  Comparison with Fig. 5 in Johnston et al. (1998), 
which is obtained with the spectral technique, demonstrates the validity of the FE 
technique. 

 
There are a number of commercially available FE packages (Gasperini & Sabadini 1990, Wu 
1992b); however, most commercial FE packages only solve the equation: 

                                                              (2.8) 

Comparing equation (2.8) with equation (2.3) shows that the important contributions of the 
advection of pre-stress, the perturbed gravity field, and the buoyancy force of local density 
perturbation, are not included in commercial FE packages.  Wu (2004) shows that using the 
stress transformation in equation (2.7), together with modified boundary conditions and Wrinkler 
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Foundations, commercial FE packages can be used to model the deformation of a non-
gravitating flat Earth or a spherical, self-gravitating incompressible Earth. (See Wu 2004 & Wu 
et al. 2021 for more details about the method.) In addition, the sea level equations, which are 
important for other GIA studies (see section 3.2), can also be solved.  Details can be found in 
Wu (2004). 
 
For the benchmarking of the FE method, the FE solution of an ideal ice sheet with parabolic 
profile over an elastic lithosphere and an inviscid mantle as described in Fig.5 in Johnston et al. 
(1998) is computed and shown in Fig. 2.1.  Comparison of this figure to the spectral solution of 
Johnston et al. (1998) shows that there is excellent agreement between the two methods.  This 
validation test here and those in Wu (2004) for displacements and gravitational potential give us 
confidence in the continued use of this method. 
 
Besides the finite element method, discussion of other numerical methods that are applicable 
are outside the scope of this report. First, there is the spectral-finite element method (e.g., 
Martinec 2000), which also suffers from the limitation of spectral methods when there is a sharp 
lateral change in the ice load or a strong lateral change in material property.  Another method is 
the finite-volume method (Latychev et al. 2005), where the properties and motion of a 3-D 
volume element is represented by the values at a single node. Despite disadvantages from such 
simplifications, the advantage of this method is that it can easily include the effect of 
compressibility on internal buoyancy (Klemann et al. 2003).  
 

2.3 SUMMARY 

This section reviews the methodology in modeling the postglacial isostatic adjustment process 
and the computation of the rebound stress.  First, the equations of motion and the boundary 
conditions are presented.  Of particular importance are the idea of pre-stress and its advection.  
There are two common methods of solution: the spectral method, and the finite element 
method.  While the spectral method can give the solution to high spatial resolution, the finite 
element (FE) method can take into account of lateral changes in material properties and 
nonlinear creep laws.  Finally, stresses computed from the FE method are benchmarked with 
that of the spectral method, and excellent agreement is obtained.  
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3. SPATIAL-TEMPORAL VARIATION OF STRESS 

Earthquakes can be triggered by the reactivation of pre-existing faults or by fault rupture of 
intact rock, however there is no evidence to suggest that earthquakes in recently deglaciated 
areas have ruptured intact rock.  This is because stresses induced by glacial loads rarely 
exceeds 35 MPa while the fracture of intact rocks in the crust is generally larger than 50 MPa 
and typically of the order of 100 MPa (Paterson 1978, Johnson & DeGraff 1988). Thus, glacially 
induced stresses are not large enough to fracture intact rocks in the crust, but can easily 
reactivate pre-existing faults that are initially close to failure since that only require a few kPa 
(King et al.1994, Gomberg 1996).  In this section, the spatial-temporal variation of the stress 
field is investigated, as this allows us to understand the reactivation or rupture of faults in the 
next section. 
 
It is well known that as depth increases, the state of stress increases due to the weight of the 
overburden pressure (see equation 2.1) but that the increase is counteracted by the pore fluid 
pressure.  In addition, there are many geological processes that can contribute to the state of 
stress.  A few notable processes that result in variation of stress over time scales of millions of 
years or more include: fault rifting, the spreading of the ocean ridges, transcurrent fault 
movements, the subduction of plates, mantle flow, continental collision, movement of thrust 
sheets and mountain building, erosion, sedimentary basin formation, etc.  On the other hand, 
there are much faster geological processes such as magma intrusion, volcanism, meteor 
impact, and surface loading of the Earth by ice and ocean water during a glacial cycle.  
 
With so many geological processes, it seems impossible to consider all of their stress 
contributions in a single model.  However, following Wu & Hasegawa (1996a), the stresses can 
be grouped together according to their time scales of variation.  Because we are interested in 
stress variations greater than 0.1 MPa during time scales of 10 thousand years, all those 
stresses that take longer than 10 thousand years to change significantly can be considered as 
“time invariant” and the contribution for all of these time-independent stresses can be combined 
together and treated as the “Ambient Stress”. 
 
In the Canadian Shield or the Baltic Shield, it is not difficult to find places that are far away from 
active volcanism and magmatism, not recently cratered and do not experience fast 
erosion/sedimentation rates.  In those areas, the main stress contribution with time scales less 
than 100 thousand years would be from surface ice/water loading and the pore fluid pressure 
fluctuations induced by climatic variations (e.g., glacial cycles).  However, the variation of pore 
fluid pressure is complicated, as it depends on a number of factors that are not well understood 
(Finlay et al. 1984, Roots 1984, Johnston 1989, Flowers & Clarke 2002a, b, Henriksen 2008). 
These include: (i) whether the base of the ice sheet is wet or dry, (ii) the location relative to the 
ice margin, (iii) permeability of the crust and the fracture network and (iv) the largely unknown 
variation of hydraulic pressure beneath an ice sheet which strongly affects the stability of faults. 
For example, during warm periods, the glacier is full of water and the pore pressure head could 
reach 100% of the local weight of the ice sheet.  In this report, we shall treat pore fluid pressure 
as time-independent to make the problem easier to solve.  These preliminary results will form an 
important stepping-stone for interpreting more advanced studies, where time dependent pore 
fluid pressure is included. 
 
Stresses are described in more detail in the following section. 
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3.1 AMBIENT STRESS 

Ambient stresses that do not change appreciably during a glacial cycle form the state of stress 
before the onset of glacial cycles, and the glacial-induced stresses are superposed on top of the 
ambient stresses.  As discussed in the beginning of this section, the ambient stress includes: 
regional and local tectonic stresses, overburden stress, time independent pore fluid pressure 
and uplift/burial induced changes to overburden pressure.  In the following subsections, we shall 
consider each of them in more detail. 
 

3.1.1 Overburden Stress 

According to equation (2.1), the initial state where no tectonic or surface deforming stresses 
were applied, represents the initial stress (or pre-stress).  Expressed in terms of depth z (which 
is positive downwards), equation (2.1) gives: 

 dpo dz  ogo.                                                            (3.1)  
This means that if the material at some depth, zo, has initial pressure, po, then the initial 

pressure at a deeper depth, zo+w,  is p
o
 ogow and o is the mean density of the rocks 

between the two depths zo and zo + w.  Thus, we can define the vertical component of the 
overburden stress to be Sv  ogoz.  Here, we use the geologist’s convention that positive 
values of stress mean compression.  
 
For a flat elastic Earth where the lateral sides are constrained, the stress-strain relation of 
elasticity gives rise to elastic compressive stresses in the horizontal direction with magnitude 
(e.g., Ranalli 1995): 

Shoriz 


  2
SV 


1

SV 


1
ogoz                                (3.2) 

 
Typically   1

4
, therefore Shoriz  1

3
SV  1

3
ogoz.  The horizontal compressive stresses due to 

this laterally confined elastic medium is about 1/3 of the overburden pressure.  
 
This ‘lateral constrain theory’ has been called into question by McGarr (1988), who favors a 
lithostatic state of stress in which: 
 

Shoriz  SV  ogoz                                                             (3.3) 
 

With the overburden parameter ,  this is consistent with an incompressible Earth where 
  1

2
.  (For a visco-elastic Earth, the fluid limit is incompressible, so that  as material 

become more fluid like.)  On the other hand, for a uniform, spherical, self-gravitating elastic 
Earth, the value of  can exceed 1, and that is more consistent with the predominance of 
compressive stress regimes in plate interiors (Zoback et al. 1993, Adams & Bell 1991).  In this 
report, a range of values of  will be considered (see discussion in section 3.1.5).  

 1
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3.1.2 Changes in overburden pressure due to sedimentation and erosion 

Section 3.2 shows that stresses induced by glacial loads change by tens of MPa during the last 
ten thousand years.  Taking the density of sediments to be 2500 kg/m3 and gravity to be 10 
m/s2, the rate of sedimentation or erosion has to exceed 40 m/103 years before their induced 
stress changes by 1 MPa in 10,000 years.  The mean sedimentation rate is typically of the order 
of 0.3 m/103 years in continental shelf and is of the order of 1 m/103 years in deltas and 
turbidities (e.g., Worm et al. 1998, Biju-Duval & Swezey 2002).  On land, the sedimentation rate 
is generally much lower (e.g., Árnadóttir et al. 2009).  For erosion, the mean erosion rate is 
usually smaller than 0.5 m/103 years in river basins (Brown & Ritter 1969) but can be much 
larger in coastal areas.  Therefore, except in highly anomalous regions, sedimentation and 
erosion can be treated as time independent and their contribution to overburden negligible 
within the time frame of interest. 
 

3.1.3 Pore fluid pressure 

Crustal rocks are often porous, permeable and contain fluids within the pore space.  If the pore 
fluids are interconnected, then the fluid pressure, pf , increases with depth according to:  

dpf dz   f g                                                       (3.4) 

where pf  is the mean density of the fluid.  If the pore fluids are trapped within a rock formation 

and cannot escape, then the pore fluid pressure would be abnormally high and it rises faster 
than this hydrostatic pressure gradient.  In any case, the pore fluid pressure opposes the 
compressive stresses acting on the rock matrix, so that the effective stress can be written as:  

ij
eff ij  pfij                                                     (3.5) 

where ij  has a value of 1 when i=j, and otherwise has a value of zero.  As discussed in Section 

4.1, pore fluid weakens the strength of rocks and pore fluid pressure reduces the effective 
normal stress on faults (see equation 4.3).   As discussed earlier, the pore fluid pressure is 
treated as time-independent in this report. 
 

3.1.4 Tectonic stresses 

In much of North America and Europe, the main horizontal stress of continental scale is that due 
to the spreading of the North Atlantic Ridge (Richardson & Reding 1991).  As a consequence, 
the maximum (compressive) horizontal principle stress, SH max, in the interior of the North 
American Plate (See Fig. 1.3a) is in the ENE to NE direction (Zoback & Zoback 1991, Zoback 
1992b). Similarly, the first order SH max orientation in Northern Europe below 300 m depth (See 
Fig. 1.3b) is along NW-SE (Clauss et al. 1989, Stephansson 1989, Gregersen 1992, Heidbach 
2008).  The orientation of the minimum (compressive) horizontal principle stress, Sh min, is 
orthogonal to SH max.  The magnitudes of these regional tectonic stresses are uncertain and 
may range from tens to hundreds of MPa.  Ranges of different ( SH max, Sh min) combinations 
have been studied in Wu & Hasegawa (1996 a & b) and Wu (1996).  They showed that the 
exact magnitude of ( SH max, Sh min) has little effect on fault stability studies, except for 
unrealistically low values of them.  On the other hand, their difference SH max  Sh min  is 
important in determining the orientation of the stress field and such. Stress difference can be 
constrained by the stress rotation observed since the end of deglaciation in Eastern Canada, 
which puts 2 < SH max  Sh min< 10 MPa (Wu 1996, 1997).  In tectonically pre-weakened areas 
where the faults are close to failure, the condition for fault equilibrium results in a relation 
between the stress components, which will be discussed in more detail in Section 4.3. 
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Superposed on the horizontal stress of continental scale are the more local tectonic stresses. 
For example, the eastern part of USA and southeastern of Canada experience tectonic stresses 
related to the Appalachian Mountains.  Similarly, on the western part of North America, there is 
the contribution from the Rocky Mountains.  In Europe, the Caledonides, the Alps and Ural 
Mountains all contribute stresses in addition to the continental scale tectonic stress.  
 
Other local scale tectonic stresses include local topographic load, crustal weakening due to 
meteor impact, internal load due to magma intrusion, Moho uplift, rifting events, etc.  Such 
effects perturb the regional tectonic stress magnitude and their local orientation.   
 
In this report, only the horizontal tectonic stresses of continental scale will be included.  For 
more local studies, all the local tectonic stresses should be included.  However, as long as the 
time scale of these local tectonic stresses are very long compared to 100,000 years, they can 
be treated as time invariant and they will have little effect on fault stability (see Section 4). 
 

3.1.5 Total Ambient Stress and Fault Regime 

In view of the above discussion, the effective vertical normal stress due to overburden and fluid 
pressure is: 

Sv  ogoz  p f  1  f ogoz                                (3.6) 

where  f  p f ogoz is the pore fluid factor, which has a value of zero for dry rocks but for 

wet crust with hydrostatic pressure is typically 0.4 (e.g. Ranalli 1995). 
 
If the tectonic contribution of maximum and minimum horizontal principal stress components 
near the surface of the Earth are SH max

tect  and Sh min
tect , respectively, then the corresponding 

components for the ambient stress (away from any pre-weakened zones with fault equilibrium) 
are: 

  
SH  SH max

tect   1  f ogoz                                        (3.7a) 

and  

  
Sh  Sh min

tect   1  f ogoz                                         (3.7b) 

 
The value of  (see equation 3.3) determines how fast the horizontal stresses increase with 
depth relative to Sv .  For example, if both SH max

tect  and Sh min
tect  are compressive (i.e. > 0) as in 

Eastern Canada, then   1 implies that Sv  Sh  SH  for all depth z > 0.  On the other hand, if 

  1, then Sh  Sv  when z  zh and SH  Sv when z  zH , where: 

zh 
Sh min

tect

ogo 1  f  1 
                                          (3.8a) 

 

zH 
SH max

tect

ogo 1  f  1                                          (3.8b) 

 
It is well known that when earthquakes occur, the mode of failure depends on whether the 
vertical stress is the maximum, intermediate or minimum principal stress:  Thrust faulting is 
promoted if Sv  Sh  SH ,  but strike-slip faulting is promoted when Sh  SV  SH  and normal 
faulting is promoted when Sh  SH  SV .  
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Thus, if both SH max
tect  and Sh min

tect  are compressive, then   1 implies that the fault regime that is 
preferred in the initial state, before any glacial cycles, is thrusting for all depths.  But if   1, 
then the fault regime preferred in the initial state, would be thrust faulting for z  zh, but at 
deeper depth, becomes strike-slip for zh  z  zH , and finally normal faulting for zh  zH  z.  
 
When the stresses due to glacial cycles are taken into account, there is a similar change in the 
fault regime with depth (see Fig. 7 in Wu & Hasegawa 1996a) except that the depths of 
transition between zh and zH being dominant are modified by the inclusion of rebound 
stresses. 
 

3.2 VERTICAL STRESS INDUCED BY CHANGING WEIGHT OF ICE AND WATER 

The previous subsection considers only the time-independent ambient stress, but the effects of 
a time-dependent surface load will be considered in this and the next subsections.  
 
An ice sheet exerts pressure on the surface of the Earth, and the value is equal to the weight of 

the ice per unit area: P x ,y ,t   icegoh x ,y ,t , where P x ,y ,t  is the pressure at location 

x, y   and time t, h x, y, t  is the ice thickness history at the location, ice is the mean density of 
the ice column and go is the gravitational acceleration at the Earth’s surface.  
 
For a given ice model, the surface normal stress in the vertical direction, Szz, can be computed. 
As an illustration, the vertical stress set up by an ideal ice sheet with parabolic shape (maximum 
ice thickness of 1000 m) in a uniform lithosphere is shown in the upper diagram of Fig. 3.1.  
Note that the vertical stress does not change rapidly in the vertical direction and the lateral 
change in stress magnitude is due to the lateral change in ice thickness.  Outside the ice 
margin, the vertical stress is very small, but not exactly zero. 
 
The lower diagram in Fig. 3.1 shows the effect of changing material properties (including 
density) across 40 km depth.  While the horizontal variation of the vertical stress, is again, 
determined by the ice thickness, there is a sharp decrease in the ‘elastic’ stress magnitude 
across the material boundary especially near the center of the load.  Such a decrease is a 
consequence of the stress transformation (equation 2.7).  
 



 

 

20

 
 

Figure 3.1: Spatial distribution of Szz (MPa) in an elastic lithosphere that floats over an 
inviscid mantle.  The load is axisymmetric with radius 1000 km and has parabolic profile. 
The elastic lithosphere in the top diagram has uniform properties, while in the lower 
diagram, there is a change in material property across 40 km depth. 

 
There are several more realistic ice history models.  For example, in northern Europe, there is 
the FBKS8 ice model of Lambeck et al. (1998) and the ice dynamic model of Näslund (2006).  
For North America, there is the LW-6 ice model of Lambeck et al. (2017). For Antarctica, there 
is the thermo-mechanical ice flow model of Huybrechts (1990), the GIA based models of Ivins & 
James (2005), Whitehouse et al. (2012), Ivins et al. (2013).  For recent global ice models, there 
is the ICE-4G (Peltier 1994), ICE-5G (Peltier 2004), ICE-6G (Peltier et al. 2015) and its latest 
revision ICE-7G (Roy & Peltier 2015). The peak ice thickness west of Hudson Bay in ICE-6G 
and ICE-7G is around 4000 m and is intermediate between that given in ICE-4G (~3000 m) and 
ICE-5G (~5000 m).  Since all the global ice models ICE-XG are constrained by terminal moraine 
data, their predicted onset time of fault instabilities within the ice margin do not change 
significantly,  thus we will continue to use ICE-4G in this report for illustration purpose only. 
 
The surface values of Szz in Eastern Canada and Greenland due to the ICE-4G model at the 
last glacial maximum, and at 9000 years before present, are shown in Fig. 3.2.  The peak 
magnitude is as high as 30 MPa in the southeast shore of Hudson Bay during last glacial 
maximum.  By 9,000 years before present, most of the ice in southern Canada is gone; 
therefore, the vertical stress is close to zero there.  In northern Canada, thin ice sheets still 
cover the northwest and northeast landward part of Hudson Bay and Baffin Island and, there is 
still substantial ice thickness in Greenland.  
 
To form the huge continental ice sheets of the last Ice Age, water must have been taken from 
the oceans.  At the peak of the last Ice Age, global sea-level must have fallen by about 100 
meters, on average.  Thus, the ocean floor experienced a negative water load on the order of 1 
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MPa.  This is small compared to the load under the ice sheets.  During deglaciation, the melted 
ice water returned to the oceans and loads the ocean floor.  The load magnitude is, again, of the 
order of 1 MPa.  
 

  
Figure 3.2:  Magnitude of near surface vertical normal stress (MPa) in Eastern Canada 
due to the weight of the ICE-4G ice load (Peltier 1994) during (i) glacial maximum (left), (ii) 
9,000 years before present (right). 

 
It should be noted that during the Ice Age, the fall of sea level was not the same everywhere in 
the ocean, and after deglaciation, the amount of sea level rise is also dependent on the location 
and time. The reason is because sea surface is an equipotential surface and the Earth’s 
potential is the sum of the gravitational potential and the centrifugal potential due to the Earth’s 
rotation.  Because the centrifugal potential only affects the longest (spherical harmonic of 
degree 2) wavelength, the shorter wavelengths of the sea surface are determined by the 
gravitational potential and is strongly affected by the gravitational attraction of masses nearby.  
For example, the massive ice sheets attract ocean water gravitationally, so water level rises by 
tens of meters near the edge of the ice sheet (see lower left schematic in Fig. 3.3).  This raised 
water provides additional loading on the Earth.  The deformation of the Earth’s surface due to 
ice or melted water (see schematic on the top of Fig. 3.3) also causes mantle material to flow 
away from under the load to the outlying areas.  This flow of mantle material also attracts sea-
water gravitationally – thus, there is sea level high above the flowing mantle material.  The pile 
of additional water also attracts nearby water gravitationally, adding further to the ocean load 
(see lower right schematic in Fig. 3.3).  
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Figure 3.3: The formulation of the Sea Level Equation (Farrell & Clark 1976) takes into 
account the deformation of the Earth by the ice and water loads (top diagrams), the 
gravitational attraction between ice and water, between water and water, between water 
and the flow of mantle rocks and their associated deformation (bottom diagrams).  

 
In addition, the distribution of water mass on the Earth’s surface during glaciation and 
deglaciation, and the induced flow of mantle mass inside the Earth, cause the Earth’s moments 
of inertia to change (Wu & Peltier 1984).  As a result, the Earth’s rotation changes, and sea level 
with the longest wavelength is also affected by the induced change in the centrifugal potential 
(Milne & Mitrovica 1998).  
 
In order to find out how the water load is distributed spatially during glaciation and deglaciation, 
one has to solve the Sea Level Equation (Farrell & Clark 1976, Milne & Mitrovica 1998, Peltier 
1998), which takes into account the ice-water, water-water and mantle-water attractions, their 
loading effects and rotational feedback.  
 
The result of such an exercise shows that while these effects are significant and cannot be 
neglected in the study of sea level change, their effects on the vertical stress is relatively minor 
and the water load can be approximated by assuming that water masses enter the ocean 
uniformly - that is, the sea level change is the same everywhere in the ocean.  This is the ice-
equivalent sea level approximation (Milne & Mitrovica 1998) and will be adopted for the rest of 
the report.  According to this approximation, the incremental load on the ocean floor at time t 

 is related to the incremental increase in the global ice mass, , surface 

gravity ,go, and the total area of the ocean floor Aocean given by:                       

                                                (3.9) 
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3.3 HORIZONTAL STRESSES INDUCED BY THE WEIGHT OF ICE AND WATER 

Besides inducing vertical stress, the weight of the ice and water loads also induces horizontal 
stresses.  This is because a rigid lithosphere exists on the outer part of a visco-elastic Earth. 
Unlike the vertical stresses, whose time variations are dominated by the variation of the surface 
load magnitude (i.e., from weight of ice and water), the time dependence of the horizontal 
stresses is determined by the creep of mantle and lithospheric rocks. 
 

3.3.1 Lithosphere in a visco-elastic Earth and stress migration 

As discussed in the Introduction, the Earth is visco-elastic and the effective thickness of the 
lithosphere depends on the duration of loading.  As the residence time of the surface load 
increases, the “elastic” part of the mantle continuously shrinks upwards as the lower part can no 
longer support the load elastically.  As a consequence, stress magnitude in the upper elastic 
part will increase with time during loading.  This accounts for the upward migration and 
concentration of stress in the lithosphere.  
 
However, some studies find it convenient to represent the Earth as an elastic lithosphere (or 
plate) of a certain thickness overlying an inviscid fluid mantle.  However such a model fails to 
take into account the upward migration and concentration of stress and the result is only valid in 
the viscous limit - when all stresses below the lithosphere have relaxed completely.  We shall 
briefly consider such a case, as it does provide some physical insight into the stresses due to 
the bending of a lithosphere. 
 

3.3.2 Bending of an elastic lithosphere over inviscid fluid mantle 

It is well known that a surface load applied to an elastic lithosphere floating on a fluid can cause 
the loaded area to bend downwards, but outside the load, a peripheral bulge may form (Fig.3.4).  
Due to the downward bending, which results in a concave upward lithosphere, material in the 
shallow part of the lithosphere becomes compressed and at the bottom of the lithosphere the 
material becomes stretched.  On the other hand, at the top of the peripheral bulge where the 
plate concaves downwards, the lithosphere is stretched and there is tension.  The bottom of the 
lithosphere material undergoes compression.  Somewhere near the middle of the lithosphere, 
there is a plane where material is neither compressed nor dilated.  This is the neutral plane.  
The normal stress to a surface, whose normal lies parallel to the neutral plane, is called fiber or 
bending stress.  Under the assumption of Thin Plate Theory, that is the lithosphere is very thin 
compared to the horizontal dimension of the load, a simple relation between fiber stress 
magnitude and the vertical displacement, w, can be found (e.g. Turcotte & Schubert 1982).  This 
has led early investigators (e.g., Walcott 1970, Stein et al. 1979, Quinlan 1984) to employ such 
a model for the computation of horizontal stresses due to glacial loading.   
 
Numerical experiments that compare the results of Thin Plate Theory and the exact solution 
show that Thin Plate Theory breaks down if the radius of the load is less than 1.5 times the 
flexural wavelength l, which is defined by: 

l 
EH 3

12 12  m  
f go















1 / 4

                                     (3.10) 

Here, H, E, , m, f  and go are lithospheric thickness, Young’s Modulus, Poisson’s ratio, 
density of the mantle, density of the fill (sediment, water or air) on top of the deformed surface, 

and the gravitational acceleration, respectively.  For typical values of E, , m, (e.g., from PREM 
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model), with values of H between 50 and 150 km and values of f   between 0 to 2000 kg/m3, the 
minimum radius of the load for Thin Plate Theory to work varies between 120 to 350 km.  Thus, 
Thin Plate Theory will not work well for the smaller ice sheets (e.g., in British Isles, Iceland).  
 
 

 
 

Figure 3.4: Lithospheric Flexure.  When an ice sheet loads the Earth, there is downward 
flexure under the load (with displacement w) and the formation of a peripheral bulge 
outside the ice margin.  Due to the bending of the lithosphere, fibre stresses underneath 
the load are compressive at the deformed surface, but decrease to zero at the neutral 
plane and become extensional all the way down to the bottom of the lithosphere.  Under 
the peripheral bulge, the fibre stresses are extensional at the surface but become 
compressive below the neutral plane. 

 
The solution for a uniformly thick elastic plate floating on an inviscid mantle was calculated and 
provided in Johnston et al. (1998).  Fig. 3.5 shows the spatial variation of fiber stress inside the 
lithosphere when the load is a parabolic ice sheet with radius of 1000 km.  As expected, the 
neutral plane is near the middle of the lithosphere.  Compressive stresses are found under the 
majority of the load, but changes to tension at the bottom of the lithosphere.  Near the edge 
where the ice thickness becomes small and outside the margin where the peripheral bulge lies, 
there is tension near the surface, which changes to compression at the bottom.  These findings 
for the Thick Plate solution are very close to what is expected in Thin Plate Theory because the 
load radius is wide compared to the thickness of the lithosphere. 
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Figure 3.5: Fiber Stress (MPa) distribution in an elastic lithosphere due to the loading of 
an axisymmetric load of radius 1000 km with parabolic ice profile (maximum ice height 
1000 m) on an elastic plate over an inviscid mantle.  See Table 1 in Johnston et al. (1998) 
for details.  These thick plate results are computed by the Finite Element (FE) technique. 

 
It should be noted that for this lithospheric model, the response of loading is time-independent – 
as soon as the load is applied, the lithosphere bends into the final shape and the stress 
imposed as in Fig. 3.5.  After removal of the load, the bending and the stress completely 
disappear. 
 
Another point is that the fiber stress is a local incremental stress and does not take into account 
the Advection of Pre-stress.  During the deformation, the state of stress would contain the initial 
pressure carried along with the displaced material (see p. 89 in Love 1911), plus some stress 
that arises from the new strain induced by the deformation (fiber stress here).  The value of the 
initial pressure has no time to change for an elastic deformation (see p.13-14 in Cathles 1975); 
thus, rock material that is displaced upwards by w will see an extra pressure of ogow when 
compared to its new surroundings.  The new stress state would be the initial pressure at the 
new location plus ogow, plus the local incremental stress induced by the deformation (fiber 
stress here).  In other words, the perturbed state at the new location would be ogow plus the 
local incremental stress.  From now on, this perturbed state at the new location will be 
presented. 
 
Finally, as pointed out in the previous subsection, this simple model does not include the 
support provided by the mantle or the concentration and migration of stress in the lithosphere as 
the visco-elastic mantle relaxes.  This is considered in the following section. 
 

3.3.3 Horizontal Stress in an Elastic Lithosphere that lies over a Visco-elastic Mantle 

In order to illustrate the idea of stress migration, an Earth model that includes both the elastic 
lithosphere and the relaxation of the underlying visco-elastic mantle is constructed.  The 
lithosphere has uniform material properties and is 100 km thick.  The mantle is considered as a 
uniform visco-elastic halfspace with viscosity of 1021 Paꞏs.  First, we consider a simple case with 
an axisymmetric parabolic load of 1000 km radius, which is applied at time t=0, and left there for 
5,000 years before it is removed instantaneously. 
 
The horizontal stress, Srr, is in the radial direction and consists of the sum of the fiber stress and 
the Advection of Pre-stress.  The latter can be represented as ogow, where w is the vertical 
displacement at the location.  The spatial distribution of Srr within the lithosphere during the 
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loading phase is shown in Fig. 3.6 for t=0 ka and at 5 ka after the Heaviside application of the 
load.  Immediately after the load is applied (t=0 ka), the whole mantle supports the load 
elastically and the surface deformation is small - as is the magnitude of the fiber stress.  Thus, 
Srr is dominated by the Advection of Pre-stress term.  The lower diagram is at 5,000 years after 
the application of the ice load, when the mantle has experienced significant relaxation and, 
consequently, there is concentration and magnification of stress in the upper part of the 
lithosphere.  The fiber stress at this time is becoming similar to that shown in Fig. 3.5 of the last 
subsection.  
 
When the ice load is suddenly removed after 5,000 years, the spatial distribution of Srr within the 
lithosphere is shown in the top of Fig.3.7.  Comparing with Srr immediately before the removal of 
the ice load (Fig. 3.6), the greatest change is observed directly underneath the load due to the 
removal of the load induced elastic displacement and the release of the compressive bending 
stresses.  At t=10,000 years (or 5,000 years after the removal of the ice load), the lithosphere 
further unbends itself and there is also migration of stress from the mantle thus, the stress at the 
base of the lithosphere changes more quickly than the top. 
 

 
 

Figure 3.6:  Spatial distribution of Horizontal Stress Srr (MPa) in a 100 km thick elastic 
lithosphere which is on top of a uniform visco-elastic mantle.  The load is axisymmetric 
with parabolic profile and radius of 1000 km. 
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Figure 3.7 Spatial distribution of Horizontal Stress Srr (MPa) in a 100 km thick elastic 
lithosphere which is on top of a uniform visco-elastic mantle The top diagram is 
immediately after removal of the parabolic ice load and the lower diagram is 5,000 years 
after the removal of the ice load. 

 

  
 

Figure 3.8:  Typical magnitude of near surface Maximum Horizontal Principle Stress 
(MPa) induced by ICE-4G glacial loading/unloading in Eastern Canada during (i) glacial 
maximum (left) & (ii) 9,000 years before present (right). 

 
The analysis above can be extended to a more realistic ice and Earth model.  Fig. 3.8 shows 
the spatial variation of the near surface maximum horizontal principle stress induced by 
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glaciation at the last glacial maximum in Eastern Canada at 9,000 years before present.  The 
deglaciation history is described by ICE-4G.  The stratified Earth includes a uniform 120 km 
thick lithosphere with upper mantle viscosity of 6x1020 Paꞏs shallow lower mantle viscosity of 
1.6x1021 Paꞏs from 700 to 1200 km depth, and deep mantle viscosity of 3.0x1021 Paꞏs from 
1200 km to the Core-Mantle-Boundary.  Similarly, Fig. 3.9 shows the spatial variation of the 
near surface minimum horizontal principal stress at the last glacial maximum and at 9,000 years 
before present (BP). 
 

  
 

Figure 3.9:  Typical magnitude of near surface Minimum Horizontal Principal Stress (MPa) 
induced by ICE-4G at the last glacial maximum (left) and at 9,000 years before present 
(BP)(on the right). 

 

  
 

Figure 3.10: Magnitude of present day near surface (i) Maximum & (ii) Minimum 
Horizontal Principle stress (MPa) induced by glacial unloading in Eastern Canada. 

 
Comparing the near surface maximum horizontal principle stress (Fig. 3.8) with the vertical 
normal stress (Fig.3.2) at the last glacial maximum shows that except for some spots near the 
ice margin, the vertical normal stress is generally larger in magnitude.  However, by 9,000 years 
BP, the ice load and the vertical normal stress have significantly decreased, while the maximum 
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and minimum horizontal principle stresses remain large in magnitude.  Fig. 3.10 shows that the 
magnitude of the horizontal stresses remains large even at present, and is due to the slow 
creep of mantle and lithospheric rocks. 

3.4 SHEAR STRESSES INDUCED BY GLACIER FLOW 

Besides the weight of the ice sheet, which gives rise to vertical and horizontal stresses in the 
Earth, glacial flow may be able to transmit shear stresses from the flowing glacier onto the 
surface of the Earth (i.e., bedrock) by the basal drag, which is the friction between the bedrock 
and the base of the moving ice in the vertical shear deformation of the sheet ice.  
 
Glaciers flow the fastest when there is decoupled basal sliding at the ice-bed interface.  In that 
case, little or no shear stress is transmitted to the bedrock.  Thus, it is incorrect to assume that 
fast glacial flows or glacial surges can transmit higher shear stress in the Earth.  Ice shelves, 
which consist of floating ice spreading on top of water, is an extreme example where no basal 
drag exists.  In the case of stream ice, basal drag is also small because there is very little basal 
coupling, or the coupling is through some subglacial sediment where all the shear stresses are 
concentrated.  The question is how large is the basal drag under grounded sheet ice? 
 
The dynamics of glaciers are driven by the down-slope component of gravityd :  

d  icegoH
h

x
                                                    (3.11) 

where H is the ice thickness and h is the elevation of the ice surface.  In the x-component of the 
force balance equation for glacier dynamics (e.g. equation 3.2.12 of Van der Veen 1999): 

 dx   bx 

y

Rxydz
hH

h

 

x

Rxxdz
hH

h

                                 (3.12) 

Here, the x-component of the driving stress (d ) is balanced by that of the basal drag (b) and 
by lateral drag if the glacier is bounded laterally by rock or slower moving ice (second term on 
the right hand side of equation 3.12) and also by the longitudinal gradient of the longitudinal 
normal stress (third term on the right).  
 
 

 
Figure 3.11: Basal drag on Byrd Glacier in East Antarctica computed from the force 
balance equation.  Contour interval is 50 kPa (After Whillans et al. 1989). 

 
From this force-balance equation (3.12), the basal drag (b) can be estimated if a power-law 
relation between stress and strain with stress exponent n=3 is used and the surface velocities of 
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the glaciers are measured.  Using this method, Whillans et al. (1989) computed the basal drag (
b) on Byrd Glacier in East Antarctica.  Their results show that b is zero under the floating ice-
shelf (above which the surface flow velocity reaches 800 m/year), but under the grounded part, 
where the glacier is frozen to its bed with zero basal sliding,b is larger and is concentrated at 
isolated spots with magnitude as high as 0.25 MPa (see Fig. 3.11).  
 
The basal stresses estimated in this way may be under-estimated (Van der Veen 1999).  To 
obtain the maximum value of b, one can take the lateral drag and the longitudinal gradient 
term to be zero in the force-balance equation (3.12), which makes (b) equal to the driving 
stress d .  Whillans et al. (1989) showed that d  has maximum value around 0.4 MPa in the 
Byrd Glacier.  The true peak value of the basal drag is likely to lie somewhere between 0.25 to 
0.4 MPa and these peak values are concentrated in a few isolated spots (see Fig. 3.12). 
 
 

 
 

Figure 3.12: Computed driving stress on Byrd Glacier in East Antarctica.  Contour 
interval is 50 kPa (After Whillans et al. 1989). 

 
Van der Veen (1999) summarized the relationship between basal drag and the ratio between 
surface velocity and ice thickness for several glaciers.  He showed that the Byrd Glacier has the 
largest basal drag among them (see Fig. 3.13).  On the other hand, the Jakobshavn outlet has 
the highest surface velocity to ice thickness ratio, but the basal drag is at least half of that found 
under the Byrd Glacier.  The ice flow velocity in Jakobshavn Isbrae is higher than 1500 m/year 
(Joughin et al. 2008). 
 
 
  



 

 

31

 
Figure 3.13:  Relationship between basal drag and the surface velocity divided by the ice 
thickness.  Open circles represent basal drag estimated from the driving stress, while 
those estimated from force balance are represented by solid circles (After Van der Veen 
1999). 

 
In Figure 3.13, a power-law between strain rate and stress, with stress exponent n=3, is 

assumed ( Rij  B˙ e
(1n) / n˙ ij).  However, in the past, glacier flow has been treated as a problem 

in plasticity.  What that means is that the stress exponent .  Physically, this means that 
there is no deformation if the applied stress is below the yield stress (o).  However, as soon as 
the yield stress is reached, the material deforms immediately to relieve the applied stress.  In 
other words, the stress in the material never exceeds the yield stress and, thus, the maximum 
basal stressb  o.  Using this assumption, the ideal equilibrium profile of a perfectly plastic ice 
sheet resting on a flat bed is shown to be parabolic: 
 

H  Ho 1
x

L
                                                      (3.13) 

Here, x is the horizontal distance from the ice divide, L is the half-width of the ice sheet, and Ho 
is the maximum thickness, given by:  

Ho 
2oL

g
                                                       (3.14) 

By fitting the parabolic ice profile to glaciers, the yield stress (o) is found to be around 0.1 to 
0.2 MPa, which is of similar magnitude than that obtained for Byrd Glacier.  
 
The above discussion shows that basal drag is likely to be smaller than 1 MPa.  Since the stress 
magnitude in simple shear is largest at the surface, the shear stress inside the Earth would be 
well below this level and thus would be small compared to that due to either the weight of the 
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ice sheet during glaciation or the horizontal (bending) stresses after deglaciation.  Therefore, the 
contribution of shear stress due to glacial flow is neglected in the following discussion. 

3.5 SUMMARY 

For the purpose of this study, it is convenient to express the total stress that triggers fault 
instability as the sum of ‘time independent’ ambient stress and time - dependent rebound 
stresses induced by glacial cycles.   
 
The total ambient stress, which includes contributions from overburden stress, pore fluid 
pressure and tectonic stress, can generally be expressed by equations (3.6), (3.7a) and (3.7b). 
Depending on the value of , a depth-dependent stress regime is setup by the 
ambient stress.  
 
The vertical stress induced by glacial cycles in the lithosphere is mainly determined by the 
weight of the ice load.  Due to the presence of the lithosphere and a visco-elastic mantle, 
horizontal stresses are induced.  The main contributions at seismogenic depths are from 
lithospheric flexure due to changing weight of the surface load and the migration of stress from 
below.  The relaxation of the horizontal stresses is determined by the creep of mantle and 
lithospheric rocks – a process which occurs over thousands of years.  Finally, shear stress due 
to glacier flow has been shown to have a very small contribution to the state of stress inside the 
Earth. 

  Sh SV
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4. BRITTLE FAILURE OF ROCKS AND FAULTING MECHANISMS 

Earthquakes are generated by the brittle failure of rocks that result in the sudden release of 
stored energy in the form of seismic waves, which give rise to the shaking ground motion.  
Brittle failure can result in the creation of new faults in intact rocks, or to frictional sliding along a 
pre-existing fault.  In both cases, the friction along the fault plane is important to the formulation 
of the Failure Criterion. 
 

4.1 MOHR-COULOMB FAILURE CRITERIA 

According to Coulomb, failure occurs when the shear stress along a fault plane exceeds a 
certain critical value  c:  

c  S  n                                                              (4.1) 

where  is the internal coefficient of friction,  n is the normal stress applied to the fault plane, 
and S is the cohesion strength.  What this equation says is that as n increases, the fault is 
pressed more tightly together by the normal stress and, thus, larger shear must be applied to 
overcome the friction. 
 
 

 
 

Figure 4.1: Mohr’s Circle for the state of stress is a relationship between normal stress 

 n and shear stress   that acts on a fault plane with normal oriented at angle  with 
respect to the maximum principal axis.  

 
Mohr considered a fault plane under a state of compressive stress where the maximum and 
minimum principal stresses are  and  3 respectively.  When the normal of the fault plane 

makes an angle () relative to the  axis, the normal stress acting on the fault plane is  n and 
the shear stress is    (See p. 108 in Malvern (1969) for a discussion of the often-confusing 

choice of sign conventions for shear).  By plotting  n against  for all angles 

2
  


2

, a 

1

1
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circle is traced out in the  n–  space (see Fig. 4.1).  The center of the circle is located at 

n ,   1  3

2
,0









 and the radius of the circle is 

1  3

2
.   From the geometry in Fig. 4.1, it 

is clear that for a given orientation of a fault plane (angle 2 ),   n and   on this fault can be 
determined from:  

n ,   1  3

2

1  3

2
cos 2 ,1  3

2
sin 2 









                    (4.2)  

From this, it can be seen that at    4 with n ,   1 3

2
,
1  3

2









, so that the 

maximum shear stress is max 
1  3

2
.  

 
 

 
 

Figure 4.2: The sloping lines represent Coulomb’s failure criterion.  Brittle failure occurs 

at point A where the Mohr circle touches the line of failure with critical stresses nc ,c .  
See text for more detail. 

 
According to the Coulomb-Mohr theory, failure does not occur when maximum shear stress is 
reached.  The reason for this is that the normal stress, which presses the fault planes together, 

is much larger in magnitude (n 
1  3

2
).  Instead, failure occurs at the point where the Mohr 

circle touches the Failure Envelope   f n  as in Fig. 4.2.  For most practical applications, 

the Failure Envelope can be approximated linearly by an equation in the same form as equation 
(4.1).  Because the line of failure is tangent to the Mohr circle, the orientation of the conjugate 

fault plane is “optimally oriented” and   is given by:  tan 2   1  (e.g., Ranalli 1995, p.100).  
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In terms of the principal stresses, the frictional law (with S=0) can be written as (e.g., Ranalli 

1995, p.246):  
1
3

 2 1 









2

 (see equation 4.8 below). 

 
When failure occurs, the mode of failure can be normal-faulting, strike-slip or thrust-faulting 
depending on whether the vertical stress is the maximum, intermediate or minimum principal 
stress, respectively (see Fig. 4.3). 
 
 

 
Figure 4.3: The three main types of faults and their focal mechanism.  In the top panels, 

 ,  2 and  3 are the maximum, intermediate and minimum principal stresses, 
respectively.  The fault regime depends on which of the principal stresses is vertical.  In 
the lower panel, the beach balls represent earthquake focal mechanisms - the area 
colored black represents tension and white represent compression. 

 
The presence of fluid greatly reduces the cohesion strength (S) and slightly reduces the internal 

coefficient of friction ().  The pore fluid pressure ( pf) acts in opposition to the normal stress, so 

that the Mohr-Coulomb criterion becomes: 

c  S   n  pf                                                   (4.3) 

If the normal stress is approximately lithostatic (n  ogoz), then c  S  ogoz 1  f , 
where   f


p

f

ogoz
  as before (see equation 3.6). 

 

4.2 BYERLEE’S AND AMONTON’S LAWS 

If pre-existing faults exist in a rock, and there is no cohesion, equation (4.1) becomes: 
c  n                                                                 (4.4) 

This is Amonton’s law.   

1
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Byerlee (1978) found empirically that   0.85 for shallow depth (with pressure below 200 
MPa).  However, at greater depth, brittle failure occurs under the criteria: 

c  60MPa 0.6n                                              (4.5) 

This is Byerlee’s law.  
 
If the normal stress is lithostatic (n  ogoz), then the critical frictional strength can be 

estimated as a function of depth.  Again, in the presence of fluid pressure pf, then Byerlee’s 

laws can be reformulated as: 

c  0.85n 1  f           and                           (4.6a) 

c  60MPa 0.6n 1  f                              (4.6b) 

 

4.3 ANDERSON AND SIBSON’S EXTENSION OF MOHR-COULOMB LAW 

In this section, we consider one of the principal stress directions is vertical and the other two 
principal stress directions are horizontal.  This is similar to that considered in section 3.1.5, 
where it is shown that the preferred stress regime in the initial state may change as a function of 
depth.  The question is how large must the stress difference be in order that failure occurs.  
Using the Mohr-Coulomb criterion, Anderson (1951) and Sibson (1974) showed that the 
required stress difference depends on depth and the stress regime, which is closely related to 
the orientation of the activated fault.  Stüwe (2007) summarized them as follows: 

 (i) Thrust faults:                    1  3 
2S  2ogoz 1  f 

2 1 
                                               (4.7a) 

(ii) Normal faults:                    1  3 
2S  2ogoz 1  f 

2 1  
                                              (4.7b) 

(iii) Strike-slip faults:                1  3 
2S  2ogoz 1  f 

2 1
                                             (4.7c) 

When there is no cohesion (S=0), the above can be written in a more compact form (Ranalli 1995): 

1  3  ogoz 1  f                                            (4.8a) 

where   

R 1 thrust

R 1

R
normal

R 1

1 R 1 
strike  slip















 and  R 
1

2 1 

 




2
                                            

(4.8b) 
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Here the intermediate principal stress is  2   3   1  3






, with 0    1. 

 
Fig. 4.4 shows the stress difference required for faulting at the optimally oriented fault plane is a 
function of depth, stress regime and two values of pore fluid pressure ratios (

f
=0.0 and 0.9). 

One should caution that equations (4.7) and (4.8) are derived for an optimally oriented fault at 
failure; so, in stable areas away from the fault (e.g. above or below the fault and in lateral areas 
next to the fault), these equations do not apply.  The formulation above has been extended to 
anisotropic rocks by Ranalli & Yin (1990) and Yin & Ranalli (1992). 
 
Lund et al. (2009) pointed out that in order for faults in tectonically pre-weakened zones to be 
close to failure (or at fault equilibrium), the principal background stresses at the fault must obey 
either equation (4.7) or (4.8) depending on whether S is negligible.  However, in earlier reports 
(Wu 1996, 1997), the background stress is assumed to be given by equations (3.6) and (3.7) so 
that equations (4.7) or (4.8) may not be satisfied at the fault plane.  Wu & Hasegawa (1996b) 
found that as long as the stress regime does not change, the magnitude of the background 
stress does not strongly affect the conclusion on fault stability.  Indeed, recent work where the 
magnitude of the background stress for a given stress regime is constructed according to 
equations (4.7) or (4.8) confirms that this previous finding on fault stability remains unchanged.  
 

 
Figure 4.4: Stress differences required for faulting in 3 different stress regimes are 
shown for two values of pore fluid pressure: horizontal axis at the bottom is for no pore 
pressure ( 

f
=0) and the one at the top is for high pore pressure (

f
=0.9).  The lines for 

strike-slip faulting with different values of intermediate principal stress (determined by 

the value ) lies within those lines for thrust faulting and normal faulting.  
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4.4 MOHR-COULOMB CRITERIA AND CHANGES IN FAULT STABILITY MARGIN 

For the rest of the report, the total stress field consists of the time-dependent rebound stresses 
induced in glacial cycles, superimposed on the time-independent ambient stresses which 
include tectonic stress, overburden stress and static pore fluid pressure.  Because Anderson 
and Sibson’s extension of the Mohr-Coulomb criteria is for a state of stress that is at failure, the 
stress relationships in equation 4.7 cannot be applicable throughout the glacial cycle, since the 
time - dependent total stress field causes the faults to move in and out of failure.   
 
This is illustrated in Fig. 4.5 for sites within the ice margin.  During glacial loading, the increased 
weight of the ice sheet increases the mean stress below the ice load, but the change in stress 
difference is generally small (see Figs. 3.2, 3.8 & 3.9).  As a result, the center of the Mohr circle 
moves to the right but the radius generally remains almost the same for the larger ice sheets 
(e.g., Laurentide, Fennoscandian and Antarctica ice sheets).  As Mohr’s circle moves away from 
the line of failure (Johnston 1987, 1989), preexisting faults become more stable regardless of 
whether the stress regime is thrust, normal or strike-slip. For smaller ice sheets (e.g., British 
Isles), stress amplification of  '

1
 (Johnston et al. 1998) causes the radius of the Mohr circle to 

increase much more than the mean stress, leading to fault instability, especially near the ice 
margin (see discussion in Section 5.1).  After the end of deglaciation, the horizontal principal 
stress remains large, even when the weight of the ice sheet disappeared (see Figs. 3.2, 3.8 & 
3.9) – this is due to the slow decrease of the horizontal bending stresses which are controlled by 
viscous flow beneath the unbending lithosphere.  For a thrust regime, where the vertical stress 
is the minimum principal stress, the stress difference, or the radius of the Mohr’s circle 
increases, but the vertical stress returns to its initial value before the glacial cycle.  Mohr’s circle 
comes closer to failure or actually reaches failure, after deglaciation (see Fig. 4.5b).   For strike-
slip regimes where the vertical stress is the intermediate principal stress, flexure causes both 
1 and  3 to increase – as a result, there is not much change towards failure (Fig.4.5c).  For 
normal faulting, where the vertical stress is the maximum principal stress, the fault is also more 
stable than the initial state (see Fig.4.5d).  
 
Steffen et al. (2021) studied the relative motion between the Mohr circle and the line of failure 
for sites extending from outside the ice margin to the peripheral bulge. They found that for the 
thrust-regime, fault stability prevails outside the ice margin– the only exception is after the end 
of deglaciation and for sites just outside the ice margin but not far enough to be close to the 
peak of the peripheral bulge. For normal and strike-slip regime, the Mohr’s circle moves towards 
the line of failure for all sites outside the ice margin during glaciation, deglaciation and even 
after the end of deglaciation – the only exception is after the end of deglaciation for sites just 
outside the ice margin.    
 
In order to quantify the effect of glacial loading on the stability of faults (i.e., whether Mohr’s 
circle gets closer to or moves away from the line of failure), the Fault Stability Margin (FSM) is 
defined.  It is the shortest perpendicular distance from the line of failure to the Mohr circle (see 
Fig. 4.5) and represents the stability of an optimally oriented fault.  It is related to the principal 
compressive stresses by (Johnston 1989): 

FSM    1  3   2S   1
2
1  3                               (4.9a) 

and                                                      
sin tan 1   

2


1

2 1 2
                                       (4.9b) 
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Note that the value of cohesion, S, is basically unknown and cannot be measured without 
disturbing its value.  As mentioned earlier, it’s value is generally large for intact rocks, but varies 
with location and depth; for pre-existing faults, its value is small (Brace & Kohlstedt 1980, 
Zoback & Healy 1984), but still varies from fault to fault and can change within a fault.  This 
makes determination of the value of FSM difficult. 
 
 

 
 

Figure 4.5:  Fault Stability Margin and its change during a glacial cycle for a site inside 
the ice margin of a large ice sheet.  1 and  3 are the maximum and minimum principal 
stresses of the ambient stress field before a glacial cycle, but the primed quantities are 
those for the total (ambient and glacial) stress field during glacial loading (a), and after 
deglaciation in (b) thrust, (c) strike-slip  and (c) normal fault regime. 

 
Lund & Slunga (1999) also Steffen et al. (2021) used a similar measure of fault instability, 
except that it is the vertical distance (along   axis in the Mohr diagram) to the line of failure from 
the fault’s location on the Mohr circle: 

FS    c    S n                                       (4.10) 
 
Because we are only interested in the effect of glacial cycle on the stability of faults, Wu & 
Hasegawa (1996a) proposed to study instead the Change of the Fault Stability Margin, i.e. 

 at time t relative to that at initial time to (before any glacial 

cycles): 
 
                                   

FSM t   FSM t  FSM to 
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                                FSM t   1
2 

1
to   3

to   
1

t   3
t     

 1 t   3 t    1 to    3 to                           (4.11) 

 
A positive value of  means that the changing stress moves the Mohr Circle away from 
failure and the fault becomes stabilized.  A negative value of  means that the fault moves 
towards instability while its magnitude gives an indication of the stress available for faulting.  

The advantage of computing FSM can be seen by inspecting equation (4.11), which shows 
that it is independent of the cohesion (S).  Note that the first curly brackets on the right contain 
the change in the stress difference or radius of the Mohr circle, while the last curly brackets 
contain the change in the center of the circle.  Thus, time-independent isotropic stress, such as 
pore fluid pressure or overburden, with   Sh SV  1, has no effect on its value. 
 
The basic premise for computing FSM t  is as follows.  Glacial loading generally results in fault 
stability (Fig.4.5a). Stresses induced by glacial unloading (see Figs. 3.8, to 3.10) are not large 
enough to fracture intact rocks.  Thus, glacial unloading will generally activate only pre-existing 
faults that are initially close to failure.  Because past tectonics have created pre-weakened 
zones in Eastern Canada, Northern Europe and Antarctica (Fig 1.1), there are plenty of pre-
existing weak faults with different orientations within these areas.  The presence of a real fault 
or a fault system generally affects the magnitude and orientation of the state of stress nearby 
and that complicates the matter.  Thus, we first consider the pre-existing faults to be “virtual 
faults”, in that their presence does not affect the state of stress (a more realistic treatment will 
be discussed in section 6).  Since the pre-existing faults are created by ambient tectonic stress, 
the value of S along these faults (see equations 4.9a or 4.10) should be much smaller than that 
of intact rocks and the Mohr circle at these faults should generally not be too far from failure 
initially (before glacial loading).  During a glacial cycle, if FSM t  has a positive value, the Mohr 
circle moves farther from the line of failure and thus stability is promoted.  On the other hand, if 

 has a negative value, then the Mohr circle moves closer to failure (see Fig.4.5).  The 
potential for failure depends on the initial value of S, how close to failure the fault was initially 

and the orientation of the fault. Optimally oriented faults, (i.e. that satisfy tan 2   1 ) that 

are initially close to failure before the onset of glaciation are the first to fail as FSM t <0 (see 
Fig. 4.5b).  On the other hand, if the fault is not optimally oreiented, the Mohr circle has to rise 
above the line of failure (see Fig. 4.6) for that fault to fail.  If the fault was not near failure initially, 
then a more negative value of  is needed to bring it to failure.  If it is not large and 
negative enough, failure may not occur (see Fig. 8-8 in Lund 2005). 
 

 
 Figure 4.6: Failure for a fault that is not optimally orientated. 

FSM
FSM

FSM t 

FSM t 
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Wu & Hasegawa (1996) and Lund (2005) noted that the optimally oriented faults at the initial 
time (to) may not be the same as that at time t, because the maximum principal stress ( ) and 
its orientation may change in time.  For example, if there is no ambient tectonic stress, then 
near the center of the Laurentide ice sheet during glacial maximum,  is vertical in southeast 

Hudson Bay (see Fig.3.2, & 3.8).  However, by 9,000 BP,  has become horizontal.  If the 
magnitude of the principal horizontal ambient tectonic stresses are large enough, however, then 
this will not happen.  
 

4.4.1 Computation of FSM 

Following section 3.1.5 the total stress is defined to be the superposition of the stresses induced 
by the glacial cycles (commonly called rebound stress and hence superscript R), the tectonic 
stresses and the vertical normal stress due to overburden and fluid pressure.  For the horizontal 
components: 

ij t   ij
R t   Sij

tect  ogoz 1  f ij                            (4.12a) 

and for the vertical components: 

 3 j t    3 j
R t   ogoz 1  f 3 j                            (4.12b) 

Note that only the rebound stresses are assumed to be time dependent (see discussion in 

section 3.1) and have zero values before the glacial cycles and at the initial time  ij
R to   0 . 

Also, for faults that are close to failure before the onset of glaciation, the time independent 
principal background stresses must obey either equation (4.7) or (4.8). 
 
In general, we first compute the time variations of the 6 components of the rebound stress for a 
given ice and Earth model at a fixed seismogenic depth (taken to be 12 km unless specified) 
and location (longitude and latitude).  Then, for each location and time, the rebound stresses 
are combined with the tectonic stresses and overburden stress, as shown in equation (4.12), to 
give the 6 total stress components.  Next, the tensor for the total stress is diagonalized 
numerically to obtain the 3 principal stresses (eigen-values) and the orientation of the principal 

axis.  The principal stresses are used to compute FSM from equation (4.11).  The history of 

FSM for various locations is then examined for fault stability changes.  In general, none of the 
3 principal stresses align exactly with the vertical, especially near the surface, although one of 
them generally lies within a few degrees from it.  The orientation of the principal axis is 
important in the determination of the mode of failure.  The principal stresses that are not close to 
vertical are projected onto a horizontal plane to determine the orientation of the two horizontal 
principal stresses. 
 

4.4.2 Example with =1  

For illustrative purpose, we will compute FSM for a 2D case and show that as long as =1, 

FSM is independent of any time - independent pressure term.  
 

The principal stresses in a 2D case are related to ij by: 

1

1

1
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                       (4.13a) 
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                       (4.13b) 

Using equation (4.12) in (4.13a), (4.13b) and (4.11), it can be shown that: 

             FSM t    11
R t    33

R t    S13

2
 1

4
S11  S33
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 13
R t   S13 2

 1
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11

R t   33
R t   S11  S33 2

                        (4.14) 

Thus, FSM is independent of lithostatic and fluid pressures as long as they are time - 
independent (see Wu & Hasegawa 1996a). 
 

4.5 MOGI-VON MISES FRACTURE CRITERIA 

Instead of the Coulomb Failure criteria, Ivins et al.  (2003) considered the Mogi-von Mises 
failure in which the shear stress is generalized to the octahedral shear stress: 

 oct  1
3 1  2 2  1  3 2   2  3 2

                    (4.15) 

and the failure criterion is: 

 oct  a
1  3

2








n

                                                            (4.16) 

For triaxial experiments with amphibolite, and with the unit of stress in MPa, Chang & Haimson 
(2000) found that a 1.77 and n  0.86.  
 
The difference between Mogi-von Mises and Coulomb failure criteria is large.  According to Ivins 
et al.  (2003), at 9 km depth,  oct at failure is ~220 MPa, but the shear stress at the fracture is 
only 128 MPa at Coulomb failure.  
 
When the change in Fault Stability is computed with Mogi-von Mises failure, its value differs 

from FSM by a factor of 1.5 to 2, but otherwise the conclusion about the timing, location and 
mode of fault reactivation are insensitive to the choice of the failure criteria.  Thus, the Mogi-von 
Mises failure will not be considered further in this report. 
 

4.6 SUMMARY 

In the beginning of this section, we reviewed the concept of Mohr’s circle, Mohr-Coulomb 
criterion for the failure of intact rocks or pre-existing faults, and the mode of failure.  Anderson 
and Sibson’s extension of Mohr-Coulomb law is also reviewed briefly in Section 4.3; however, 
these extensions are only applicable at failure but during a load cycle the faults are not always 
at failure.  The fault stability margin (FSM) and its changes ( ) are shown to be suitable for 
the study of fault stability due to glacial cycles.  The premise is that the virtual faults are initially 
close to failure.  During the glacial cycle a positive value of  means that fault becomes 

FSM

FSM
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more stable, while a negative value of  means that fault is becoming unstable.  For faults 

that are optimally oriented and critically stressed initially (i.e. FSM to   0 ), failure can occur 

when  becomes zero. For faults that are not optimally oriented but critically stressed 
initially,  has to fall further below zero so that the Mohr circle with that orientation can 
touch the line of failure (Fig. 4.6). Other measures of fault stability are also reviewed, but they 
give similar predictions about timing, location and mode of fault reactivation.  Thus, only  
is considered further in section 5. 

FSM

FSM
FSM

FSM
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5. FACTORS THAT AFFECT FAULT STABILITY: 

In Section 3, we reviewed time-independent ambient stresses and the time-dependent stresses 
induced during a glacial cycle for large ice sheets, such as the one in Laurentia.  In Section 4, 
we reviewed measures of fault stability.  In this section, we shall review some factors that affect 
the stability of faults – namely the size of the ice sheet and ice history, the presence of tectonic 
stress, its magnitude, the overburden parameter , material properties, mantle rheology and 
crustal weak zones. 
 

5.1 STRESS AMPLIFICATION AND SIZE OF ICE SHEETS 

According to Johnston (1987, 1989), fault stability is induced during glacial loading.  This is 
confirmed by Wu & Hasegawa (1996) for the Laurentide ice sheet.  The reason, as explained in 
Section 4.4, is that the effect of increasing the mean stress during loading is larger than the 
effect of the increase in the radius of the Mohr circle, and as a result the Mohr circle moves 
away from failure.  However, Johnston et al. (1998) showed that the magnitude of the horizontal 
fiber stress induced by glacial loading depends on the size of the load relative to lithospheric 
thickness, and that there is stress amplification for smaller ice sheets.  Peak amplification 
occurs if the horizontal dimension of the ice sheet is about four times the lithospheric thickness, 
so that the fiber (deviatoric) stress can be about four times the weight of the ice sheet.  
 
To study the effects of stress amplification on the ice sheets in the British Isles, Fennoscandia 
and Laurentia, Johnston et al. (1998) loaded a layered incompressible visco-elastic Earth with 
an 80 km thick lithosphere using a simple ice model that has the parabolic shape of an ideal ice 
sheet, and the ice model also takes into account the migration of the ice margin during glacial 
retreat.  For the ice cap in the British Isles, whose size varies from about 8 to 5 times the 
thickness of the lithosphere (at glacial maximum to the end of deglaciation), fault instability is 
promoted under the ice sheet at glacial maximum and throughout the glacial cycle (Fig. 5.1a) - 
this is opposite to what occurs under a large (e.g., Laurentide) ice sheet, where fault stability is 
promoted under the ice load (Fig.5.1c).  To see why, note that Fig. 4.5a is for a large ice load 
where there is no horizontal stress amplification, so the increase in horizontal stress (
1  '11

) is of similar magnitude to the increase in the vertical stress ( 3  '3 3
). 

But for the British ice cap, the increase in horizontal stress (1
) is several times larger than 

the increase in the vertical stress ( 3
), then the radius of the Mohr circle would be much larger 

than the increase in mean stress, so the Mohr circle would intersect the line of failure.  
 
For the ice sheet comparable to that in Fennoscandia, its size varies from about 12 to 6 times 
the thickness of the lithosphere; thus, fault stability was promoted under the ice load until about 
12 ka BP when the size of the ice sheet shrinks to about 8 times the thickness of the 
lithosphere.  As a consequence, fault instability starts at about 2 ka before the end of 
deglaciation but become most negative at the end of deglaciation (Fig. 5.1b).  These results 
have been confirmed in Lund (2005).  
 
It should be noted that ambient tectonic and overburden stresses are not included in Fig.5.1.  
Lund (2005) showed that the presence of overburden and deviatoric (ambient) stress can 
strongly affect fault stability outside the ice margin.  For example, outside the margin of the 
Fennoscandian-type ice sheet, fault instabilities are suppressed during glaciation and instability 
only sets in after the end of deglaciation and at some distance beyond the ice margin.  This 
agrees with the finding of Wu (1998) where both overburden and tectonic stress due to the 
spreading at mid-Atlantic ridge are included in a realistic ice model for Fennoscandia.  Note that 
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both Lund (2005) and Wu (1998) used a uniform mantle viscosity of 1x1021 Paꞏs in these 
studies, but fault stability outside the ice margin is affected by mantle viscosity in addition to 
overburden and tectonic stress. 
 

 

Figure 5.1: Changes in Ice Thickness and Fault Stability Margin ( ) as a function of 
time and radius from the center of an axisymmetric parabolic ice sheet.  No tectonic 
stress was included  (after Johnston et al. 1998). 

  

Figure 5.2: Spatial variation of  in Scotland at 4 time periods.  Note that fault 
instability is predicted at glacial maximum and becomes most unstable at the end of the 
Late Devensian deglaciation (~12 ka BP), after that instability decreases until the present.  
Tectonic stress due to spreading of mid-Atlantic ridge has been included.  Earth model 
has 65 km thick elastic lithosphere over 4x1020 Pa-s upper mantle 1022 Pa-s lower mantle.  
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5.2  FOR REALISTIC ICE SHEETS WITH TECTONIC STRESS 

The effects of stress amplification predicted for realistic ice sheets are actually less than that 
predicted in Fig. 5.1.  Johnston et al. (1998) showed that because the British Isles lie around the 
peripheral bulge of the Fennoscandian ice sheet, the interaction between the compressive 
stress from the British Isles and the extensional stress of the Fennoscandian ice sheet reduces 
the ratio of horizontal to vertical stress; thus, fault instability is predicted to decrease underneath 
the British Isles during glaciation (Firth & Stewart 2000).  This is illustrated in Fig. 5.2 where 
ambient tectonic stresses for a thrust regime (with SH max

tect = 150 MPa along N60oW direction and 

Sh min
tect = 145 MPa perpendicular to it) have been included.  

 

  

Figure 5.3: Predicted Spatio-temporal variation of  in Fennoscandia at 3 time 
periods. Contour labels are in MPa.  Contours in dashed lines have negative values.  The 
spherical Earth model has 75 km thick elastic lithosphere, 0.36x1021 Pa-s upper mantle 
and 8x1021 Pa-s lower mantle.  In the top row (a), the model includes compressibility and 
tectonic stress.  The difference between row (b) and (a) is that an incompressible Earth is 
considered in (b).  Similarly, row (c) differs from row (a) in that tectonic stress is 
neglected in (c) (see Wu et al. 1999 for details). 
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The effect of tectonic stress on in Fennoscandia can be seen by comparing row (a) to row 
(c) in Fig. 5.3.  In general, fault instability decreases due to the presence of the tectonic stress. 
During the last glacial maximum (LGM), the region of fault stability extends farther beyond the 
ice margin than it does without tectonic stress.  By 9 ka BP, fault stability is found just outside 
the LGM ice margin, except in the northeast and south where fault instability decreases in value 
outside the ice margin (Fig.5.3 row a).  At the present time, fault stability is predicted in the 
northwest offshore, while fault instability is predicted within Fennoscandia and, outside the LGM 
ice margin in the south.  The presence of tectonic stress has a smaller effect on fault instability 
within the LGM ice margin because  there is dominated by the “rebound stress” and as 
shown in the axisymmetric model, the onset time is about 2 ka earlier than the end of 
deglaciation, when  becomes most negative.  This can be seen in Fig. 5.4 where the 
evolution of  is shown for four sites within the ice margin at LGM – although to date no 
evidence of glacially - induced faulting has been found in neither Oslo nor Örebro.  The onset 
time of instability lies within the uncertainties of the observed onset time and the mode of failure 
(around Gällivare & Kramfors in Angermanland) is of the thrust type as indicated by the 
postglacial faults.  
 

 

Figure 5.4: Evolution of  for 4 sites in Fennoscandia predicted by the compressible 
Earth model in Fig.5.3a, where tectonic stress has been included.  Fault instability is 
predicted earlier than the end of deglaciation, which ends earlier in the south (Oslo & 
Örebro) than in the north (Kramfors & Gällivare).  The mode of faulting predicted is thrust 
(after Wu et al. 1999). 

 
The situation in Laurentide is shown in Fig. 5.5.  As predicted by the axisymmetric model, fault 
stability is promoted under the ice sheet and instability is promoted after local deglaciation.  
Around LGM, fault stability is also promoted outside the ice margin.  However, at the present 
time, fault instability is promoted outside the LGM ice margin.  Fig. 5.6 shows the evolution of 

 for three sites – Charlevoix lies within the ice margin at LGM, while Indiana and New 
Madrid are at increasing distance outside the ice margin at LGM.  The predicted onset time of 
instability in Charlevoix lies within the uncertainties of the observed onset time (Shilts et al. 
1992).  The predicted mode of failure is again of the thrust type and agrees with the finding of 
the postglacial faults.  South of the LGM ice margin in Indiana, instability started early but 
decreased around 9 ka BP and then increased again after 7 kaBP (see Fig. 5.6).  This second 
pulse of instability may be recorded by the Wabash Valley paleo-earthquake (Obermeier et al. 
1991).  Further south in New Madrid, instability is predicted to occur in the last 200 years (Fig. 
5.6) and is close to that for the New Madrid earthquake in 1811 AD.  The predicted thrust mode 
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of failure agrees with that found in Reelfoot Scarp (Johnston & Schweig 1996). However, strike-
slip motion is also observed elsewhere (e.g., Bootheel lineament).  The value of  there is 
small and only of the order of -0.01 MPa.  Thus, rebound stresses alone may not be enough to 
trigger the M8 earthquake in New Madrid, implying an unspecified tectonic component.  
 

 

Figure 5.5: Spatio-temporal variation of  in Laurentia at 18, 9 and 0 kaBP.  Contour 
labels are in MPa.  Contours in red have negative values.  The spherical Earth model has 
100 km thick elastic lithosphere, 0.6x1021 Pa-s upper mantle and 1.6x1021 Pa-s shallow 
lower mantle above 1200 km depth and 1.6x1021 Pa-s in the deep lower mantle.  
Compressibility have been included. Compressive tectonic stress, with SH max

tect = 150 MPa 

along N60oW direction and Sh min
tect = 145 MPa (see Wu & Johnston 2000 for details). 

 
To summarize, the predicted onset timing within the ice margin in Fennoscandia and Eastern 
Canada lies within the uncertainty of the observations.  Also, thrust faulting is predicted under 
places that were once covered by ice sheets and this mode of failure is supported by the 
postglacial faults found.  However, earthquakes today in Baffin Island (Bent 2002) and parts of 
eastern US (Zoback 1992b) and Fennoscandia (Arvidsson & Kulhanek 1994, Lindholm et al. 
2000), indicate that the mode of failure is not limited to thrusting.  A possible explanation is that 
rebound stress has decayed so that local tectonic stresses have become more dominant. 
 
Next, we look at the spatial distribution of present day earthquakes in Eastern Canada and 
Fennoscandia. Although deglaciation affects these regions, Fig. 1.1a shows that earthquakes in 
Eastern Canada today lie along tectonically pre-weakened zones only. The reason, as pointed 
out by Wu & Hasegawa (1996), is that present-day rebound stress is not large enough to cause 
failure in intact rocks, but can reactivate pre-existing faults that are initially close to failure.  In 
Fennoscandia, present-day earthquakes offshore Norway are mainly caused by tectonics.  The 
lack of seismicity inland in Fennoscandia but the concentration of earthquakes along the coast 
today, can be explained if the initial value of FSM in Fennoscandia is close to zero around the 
coast and about 2 MPa in the interior or that the high angle faults there require 2 MPa to 
reactivate.  Alternately, the stress released along the interior faults early in the deglaciation 
stage may have resulted in a reduction of seismicity in the interior today (Wu et al. 1999). 
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Figure 5.6: Evolution of  for 3 sites in North America predicted by two spherical 
compressible Earth models with tectonic stress included.  Model A is the same as that in 
Fig.5.5, while Model B is similar to Model A except that the viscosity in the deep lower 
mantle is 3x1022 Pa-s.  Thrust faulting is predicted at these places.  The observed timing 
of nearby paleo-earthquakes is indicated by the arrow.(see Wu & Johnston 2000 for 
details). 
 

 

Figure 5.7: Effect of overburden parameter  on the time evolution of the horizontal 
principal stresses (Hmax, Hmin), the vertical principal stress (PrinZ),  and the mode 
of failure at NW Newfoundland at a seismogenic depth of 12.5 km.  The maximum 
tectonic principal stress is oriented N60oE with a magnitude of 50 MPa, while that of the 
orthogonal component is 40 MPa (after Wu & Hasegawa 1996b). 
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5.3 EFFECT OF OVERBURDEN PARAMETER ( ) AND TECTONIC STRESS 
MAGNITUDE 

The results in the last subsection are computed near the surface of the Earth.  In section 3.1.5, 
it was shown that as depth increases, the increase in the magnitude of the horizontal principal 
stresses relative to the vertical stress depends on the overburden parameter  (see equations 
3.6 , 3.7a & b), and the ambient fault regime will change as a function of depth.  Fig. 5.7 
illustrates the effects of  on the evolution of the principal stresses and  for Eastern 
Canada.  For   1, the vertical principal stress is always the minimum principal stress (see 
Fig.5.7a) and thrust faulting is predicted to occur at the end of deglaciation around 14 ka BP in 
NW Newfoundland.  When the value of decreases to around 0.9, the vertical principal stress 
becomes the intermediate principal stress, so the mode of failure is strike-slip whenever failure 
occurs (Fig. 5.7b).  However, fault instability occurs before about 4 ka BP in NW Newfoundland.  
Further decreasing in the value of  to around 0.8 or lower makes the vertical principal stress 
the maximum principal stress, but normal faulting is predicted to occur only before about 5 ka 
BP in NW Newfoundland (Fig. 5.7c).  Wu & Hasegawa (1996b) showed that if the value of  is 
less than 1, then the onset timing of faulting near Charlevoix or near Indiana cannot be 
explained.  Moreover, fault stability is predicted everywhere in eastern Canada today.  Since 
these results are contrary to observations, only   1 will be considered below. 
 
The effect of tectonic stress magnitude on  has also been studied by Wu & Hasegawa 
(1996b).  They found that the magnitude of the tectonic stress within a given stress regime has 
little effect on the amplitude of  or the onset timing of failure, except when the tectonic 
stress magnitudes are both small (< 20 MPa), which is highly unlikely (Hasegawa et al. 1985). 
 

5.4 EFFECTS OF MATERIAL PROPERTIES, COMPRESSIBILITY AND MANTLE 
RHEOLOGY 

Material properties, such as density, Young’s modulus, compressibility, thickness of the 
lithosphere and mantle rheology affect the magnitude of stress and thus fault stability.  
However, the most important effect on onset timing and the minimum value of  is from the 
ice model (Wu et al. 1999).  In the following, we shall review the effects of material properties, 
compressibility and rheology on deglaciation-induced seismicity. 
 
Lund (2005, 2006) found that smaller shear stress is obtained if the density or the Young’s 
modulus of the lithosphere decreases, but larger shear stress is obtained if density or Young’s 
modulus increases.  However, these two parameters have little effect on the vertical 
displacement.  On the other hand, thickness of the lithosphere has large effects on both the 
shear stress and vertical displacement:  A thin lithosphere produces larger deformation under 
the load and shear stress become more localized near the ice margin where the shear 
amplitude also increases in magnitude.  A thicker lithosphere spreads deformation farther away 
from the load, has smaller deformation underneath the load and has a smaller stress 
magnitude.  The effect of lithospheric thickness on the onset of timing and minimum  has 
been shown to be moderate (Wu et al. 1999) – for a 20 km reduction in lithospheric thickness, 
the onset time changes by less than 500 yrs and the minimum  changes by less than 1 
MPa. 
 
The effect of compressibility can be separated into material compressibility and internal 
buoyancy.  The former means that the elastic bulk modulus in the stress-strain relation is finite 
and the latter is due to the dilatation of rock (equation 2.4) that causes internal buoyancy (see 
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the last term in equation 2.3). Klemann et al. (2003) and Wong & Wu (2019), showed that 
instability may arise in a compressible Earth because internal buoyancy counteracts the 
advection of pre-stress (second term on the right side of equation 2.3), which provides the 
stabilizing restoring force.  Thus, many studies of GIA have assumed incompressibility in their 
computation.  An added advantage for the spectral method is that the solution for an 
incompressible Earth does not involve transcendental functions (compare equation 30 and 43 in 
Wu & Peltier 1982) and can be obtained more accurately.  For the finite element method, 
incompressibility or material compressibility can be easily included (Wu 2004), but the inclusion 
of internal buoyancy is complicated (Wong & Wu 2019). 
 
Lund (2005) found that introducing material compressibility causes a decrease in shear stress 
and displacement, although the latter effect is small.  When internal buoyancy is included, the 
effect of compressibility is found to give larger vertical displacements and longer relaxation 
times (Wu & Peltier 1982), and the difference between compressible and incompressible 
solutions for the vertical displacement can be as large as 10%.  On the other hand, Mitrovica et 
al. (1994) found that the effect of compressibility on horizontal motion can be larger (20%).  
Thus, it is of interest to investigate the total effect of compressibility (including internal 
buoyancy) on fault stability.  This can be seen by comparing row (a) and row (b) in Fig.5.3, 
which shows that incompressibility generally causes the amplitude of  in and around 
Fennoscandia to decrease, but has little effect on the onset time of instability (except in the 
British Isles and offshore).  Incompressibility also has no effect on the mode of failure. 
 
Mantle viscosity controls the rate of relaxation of the rebound stresses and, thus, it is important 
to study the effect of mantle viscosity and nonlinear rheology on the spatio-temporal distribution 
of , onset time of instability and mode of failure.  Wu (1997) showed that viscosity 
structure strongly affects the onset of timing and the magnitude of stress at sites outside the ice 
margin, but does not significantly affect either the onset of timing or the mode of failure within 
the LGM ice margin because they are dominated by the ice history (Wu et al. 1999).  This is 
illustrated in Fig. 5.6 for two Earth models that differ in the viscosity of the deep mantle.  Wu 
(1996) also showed that the observed rotation of stress orientation from postglacial time to the 
present can be used to constrain mantle viscosity.  
 
In the aforementioned papers, the relationship between stress and strain is assumed to be 
linear, and viscosity is assumed to vary only as a function of depth.  However, surface geology 
and seismic tomography clearly show that material properties of the Earth vary both in the radial 
and lateral directions.  In addition, high-temperature and high-pressure creep experiments show 
that nonlinear rheology (power-law creep) is likely to occur in the mantle.  Recent studies show 
that the effects of nonlinear rheology (Wu 2002b, Wu & Wang 2008) and lateral heterogeneity 
(Kaufmann & Wu 2002, Wang et al. 2008) do not significantly affect either the mode of failure or 
the onset timing within the LGM ice margin.  However, this is not true for sites outside the ice 
margin.  The effects of lateral heterogeneity in the mantle and ice history on fault stability in 
Antarctica have been studied (Kaufmann et al. 2005) and it was found that the inclusion of 
lateral heterogeneity together with long glaciation phases, can better explain the Balleny Island 
earthquake, which lies just outside the ice margin in Antarctica. 
 
For understanding long-term geosphere stability, it is also useful to investigate if the rate of 
change in  is increasing or decreasing in the next few thousand years.  This has been 
computed and shown in Fig. 5.8 for two viscosity models.  For the model with uniform mantle 
viscosity, the fault instability is decreasing in the next thousand years.  However, for the model 
with a high viscosity in the lower mantle, fault instability is increasing with time with an average 
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rate of around -0.06 MPa/ka.  Such a trend over a few thousand years will become significant 
when compared to the stress level of 0.1 MPa needed to trigger the Landers earthquake 
(Gomberg 1996).  On the other hand, one must be cautioned that the location and the amplitude 
of these rates of change in  depend on the ice history and the mantle rheology.  An 
extensive understanding of ice history and mantle rheology (including nonlinear rheology and 
lateral heterogeneity) is important for this type of investigation. 
 
 

     

Figure 5.8: Spatial variation of the current rate of change of  in Eastern Canada and 
peripheral area.  Contours are in MPa/ka.  Solid contour lines indicate decreasing fault 
instability (more stable faults) and dashed contours indicate increasing fault instability.  
Prediction on the left is for a uniform 1021 Pa-s mantle.  For the diagram on the right, the 
upper mantle viscosity is 1021 Pa-s but the viscosity in the lower mantle is 1023 Pa-s.  
Symbols BI=Baffin Island, CF=Churchill Falls, C=Charlevoix, LT=Lac Temiscouata, 
T=Timmins (see Wu 1998 for details). 

 
In summary, ice history has the largest effect on the onset timing and the minimum value of 

.  Mantle rheology, lithospheric thickness and compressibility affect the amplitude of 
 and the onset timing outside the LGM ice margin, but have little effect on the mode of 

failure and onset timing within the ice margin.  However, mantle rheology is important in the rate 
of change in  within the ice margin. 
 

5.5 LITHOSPHERIC DUCTILE ZONE – WITH AND WITHOUT LATERAL 
HETEROGENEITY 

So far, the entire lithosphere has been assumed to be purely elastic.  In reality, depending on 
the thermal state and the creep law in a layered lithosphere, the lower crust and certain parts of 
the lithospheric mantle may experience ductile flow (Fig.1.5, also see section 5.2.1 in Stüwe 
2007 or section 12.1 in Ranalli 1995).  Because ductile behavior in the lower crust has been 
found to affect postseismic strains (e.g., Rydelek and Pollitz 1994), Wu (1997) investigated the 
effect of a laterally homogeneous 25 km thick lithospheric-ductile layer, with viscosity of 1022 
Paꞏs, on  in Eastern Canada and found that the effect is small.  However, the effect 
becomes significant if the viscosity of the ductile layer is greatly reduced.  Klemann and Wolf 
(1999) found that a 10 km thick laterally homogeneous ductile layer with viscosity of 1017 Paꞏs 
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can shift the onset of timing by 1000 years for sites within the LGM Fennoscandian ice margin 
and can significantly affect the magnitude of the horizontal velocity.  Di Donato et al. (2000) and 
Kendall et al. (2003) found that laterally homogeneous ductile layers with similarly low 
viscosities can affect the crustal velocities along the U.S. East Coast and Australia.  Such low 
viscosities of the lithospheric ductile zone are only found in active tectonic settings (e.g., 
Kaufman and Royden 1994) where the geotherms are high and the presence of water can 
greatly reduce the viscosity (Dixon et al. 2004).  For the cold and dry continental lithosphere 
under Laurentia, the viscosity of the ductile zone is not likely to be lower than ~ 1020 Paꞏs (Wu & 
Mazzotti 2007).  Using a layered thermo-mechanical lithospheric model, together with heat-flow 
data in Northern Europe and creep data for different crustal composition, Schotman (2008) 
demonstrated this for a wet crust with average grain size and plagioclase feldspar composition.  
Moderately high heat flow can reduce the viscosity of the ductile zone to 1019 Paꞏs, but for low 
heat-flow and dry Baltic Shield, the viscosity of the ductile layer is probably higher than 1020 
Paꞏs.  Thus, for the study of lithospheric ductile zones under cold and dry continents, the 
viscosities between 1020 to 1021 Paꞏs should be considered.   
 
Fig. 5.9a, b & c show the effect of viscosity in the lithospheric ductile layer.  Model RF is the 
reference model where no ductile layer exists within the 125 km thick elastic lithosphere, and 
the mantle has a uniform mantle viscosity of 1021 Paꞏs.  Models UD1 & UD2 differ from model 
RF in that they both contain a 20 km thick ductile layer at a depth of 20-40 km.  The viscosity of 
the ductile layer is 1021 Paꞏs in model UD1, and 1020 Paꞏs in model UD2.  Inspection of Fig. 
5.9a, b & c shows that the effect is largest along the LGM ice margin, with a decrease in fault 
stability along the Labrador coast by about 1 MPa.  For model UD1, an area with fault stability is 
produced in Labrador.  The effect on the onset timing for these models are very small well within 
the uncertainty of dating error (on the timing of fault movement) for sites inside the ice margin, 
but are much larger outside. Models with lateral changes in lithospheric ductile zone properties 
were investigated in Wu & Mazzotti (2007), but the results are almost the same as that in UD1 
or UD2 (depending on the values of viscosity in the ductile layer).   
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Figure 5.9:  Spatial variation of  in eastern Canada and northeastern USA at present 
time predicted by models RF, UD1, UD2 and SLV1.  Contour interval is 0.5 MPa.  Dashed 
contours are for negative values (after Wu & Mazzotti 2007). 

 
In the results presented the ductile zone is assumed to be horizontal.  But tectonically 
weakened areas (e.g., due to plate-plate collision) can form long and narrow zones as viewed 
on a map, and within the zone, the whole lithosphere might be weakened vertically all the way 
down to its bottom.  Thus, Wu & Mazzotti (2007) also considered models SLV1 and SLV2 where 
the St. Lawrence Valley weak zone in North America is a vertical ductile zone that extends from 
the lower-crust to the bottom of the lithosphere.  The width of the zone varies from 100 to 300 
km.  The viscosity of the ductile vertical zone is 1021 Paꞏs in model SLV1, and 1020 Paꞏs in 
model SLV2.   predicted today for SLV1 is contoured in Fig. 5.9d, which shows that the 
effect is to amplify and localize the value of  along the vertical ductile zone with variation 
as large as 1.5 MPa.  The result of SLV2 is similar, except the amplitudes are slightly larger and 
thus not shown.  Again, the effects on the onset timing for these models are very small 
(compared with the uncertainty of the dated timing) for sites inside the ice margin, but are much 
larger outside. 
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Figure 5.10:  Contour plots of present-day horizontal shear strain rate  multiplied by 

1010 for models RF, UD1, UD2 and SLV1.  Dashed contours are for negative values. 

 
Wu & Mazzotti (2007) found that the presence of lithospheric weak zones, whether as a 
horizontal layer or as a vertical zone along the St. Lawrence Valley, have large predicted effects 
on the strain rates, and that their deviations from the reference model are large enough to be 
resolved by high-resolution GPS measurements.  An example is shown in Fig. 5.10 for the 
horizontal shear strain rate.  The effect of a uniformly thick ductile layer is most significant along 
the LGM ice margin – especially along the coastal area from Baffin Island to Labrador.  
Comparison between Fig. 5.10b & c shows that a reduction in viscosity of the horizontal ductile 
zone causes a reduction in the strain rate.  Again, a vertical ductile zone along the St. Lawrence 
Valley concentrates the strain rate near the weak zone with a very large increase in the peak 
strain rate magnitude, promoting stability elsewhere in the cratonic interior.  The strain rate in 
model SLV2 is slightly less than that in SLV1 due to the reduction in the viscosity of the ductile 
zone.  These magnitudes are larger than those predicted by James & Bent (1994). 
 

5.6 SUMMARY  

The model of glacial induced stress and  evolution with compressive background stress 
and   1 is able to explain many of the observed data in Laurentia and Fennoscandia.  These 
include the onset of timing and mode of failure of paleo-earthquakes.  The present-day 
distribution and mode of failure of current day earthquakes can also be explained, provided that 
local tectonic stress and local value of FSM are assumed.  The horizontal size of the ice sheet 
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and the ice sheet history has large effects on the onset of timing and the amplitude of .  
Mantle viscosity also has large effects on the onset time of earthquakes and the amplitude of 

 outside the ice margin at LGM, but has little effect on the onset of timing and mode of 
failure within the ice margin.  However, mantle viscosity has a large effect on the rate of change 
in  within the ice margin for the next few thousand years and is useful for understanding 
the evolution of the geosphere.  The effect of lithospheric thickness is moderate, but the 
presence of a ductile zone in the lithosphere has large impacts inside the ice margin and should 
be implemented in future models to more realistically constrain stress and strain concentrations. 
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6. SLIP EVOLUTION OF A FAULT PLANE DURING A GLACIAL CYCLE  

The previous sections assume that the faults are “virtual faults” (see section 4.4).  This means 
that fault planes are not included in the model and no slip evolution of faults are computed.  
 

6.1 SLIP MODEL DRIVEN BY CONSTANT SHORTENING HORIZONTAL VELOCITY AT 
LATERAL BOUNDARIES 

 
Figure 6.1: The 2-D finite element model of Turpeinen et al. (2008) that is used to study 
the slip evolution of a single fault plane during the loading and unloading of an ice load 
of constant thickness.  

 
Recently, 2-D finite-element models have been developed by Hampel’s group to study the slip 
evolution of a single fault plane embedded in a layered lithosphere (Hetzel & Hampel 2005, 
Hampel & Hetzel 2006, Turpeinen et al. 2008).  The lithosphere contains an elastic upper crust, 
a visco-elastic lower crust, and visco-elastic lithospheric mantle overlying a uniform mantle that 
is simulated by the elastic foundation and dashpot elements at the bottom of the model.  Slip 
evolution is computed for a fault plane that cuts through the entire elastic upper crust, and a 
uniform load with simple loading and unloading history is applied over the fault.  The orientation 
of the fault plane can be varied, the dip ranges from 30 o to 60o.  In the study of Turpeinen et al. 
(2008), the ambient tectonic stress is assumed to be compressive and this is achieved by 
applying a constant shortening velocity in the horizontal direction.  In the study of Hetzel & 
Hampel (2005) and Hampel & Hetzel (2006), the ambient tectonic stress is assumed to be 
tensional and the lithosphere is extended with a constant velocity.  In all cases, the fault is 
allowed to undergo steady-state rate slip before onset of glaciation and deglaciation.  
 
The results of Hampel and Hetzel (2006) confirmed earlier findings:  (i) During glacial loading, 
active thrust and normal faults become more stable and so their slip rate decreases and may 
even drop to zero (see Fig. 6.2) if the ice thickness is large enough; (ii) during unloading, both 
the thrust and normal faults become more unstable and so slip motion resumes on the fault.  
What is found in these simple models is that the resumed slip proceeds at an accelerated rate - 
more than 10-fold higher than the steady-state rate of about 0.2 mm/yr before glaciation for the 
thrust fault (Turpeinen et al. 2008) and more than twice the steady-state rate for the normal 
fault.  As expected, the period of accelerated slip coincides with the time of postglacial uplift of 
the land, but this accelerated rate gradually decreases back to the steady-state slip rate soon 
after deglaciation ends (see Fig. 6.2). 
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Turpeinen et al. (2008) also found that the magnitude of the slip acceleration along the thrust 
fault is controlled by several variables, including the thickness of the ice sheet, the viscosity of 
the lower crust and the lithospheric mantle, and the long-term rate of shortening.  Also, as the 
dip angle of the thrust fault increases, or the shortening rate decreases, the magnitude of slip 
decreases, but their effects are less important.   
 
3-D finite-element models have also been used to investigate the slip evolution (Hampel et al. 
2007, Maniatis & Hampel 2008), for normal faults. Using such a model, the 2-D results have 
been confirmed, especially for the example of the Teton fault in the United States (Hampel et al. 
2007). 
 
 

 

Figure 6.2: Evolution of fault slip predicted by the reference model of Turpeinen et al. 
(2008) which is shown in Fig. 6.1.  Shortening of the model gives a steady-state slip rate 
of 0.23 mm/a before and long after the application and removal of a 500 m thick ice load 
whose history is depicted by the light blue polygon.  In this model, slip ceases during 
loading but experience accelerated slip of 2.44 mm/a shortly after the onset of unloading.   

 
However, the applicability of Hampel’s model to Scandinavia (and larger ice sheets) has been 
called into question by Steffen et al. (2015). First, the Earth model of Hampel’s group does not 
include the important effects of stress migration, from the mantle to the lithosphere following the 
relaxation of the viscoelastic mantle during and after the glacial cycle.  Second, the horizontal 
dimensions of their ice model is much smaller than the ice sheets in Laurentia, Antarctica, 
Greenland and Fennoscandia. Also, the time scale of glacial loading and unloading are too 
short to be realistic. Third, shortening velocity boundary conditions (between 1 and 5 mm/yr) are 
applied at the lateral sides of the Earth model and as a result, continuous slip of the order of 0.2 
mm/yr is predicted along the fault even before the glacial cycle. Thus the predicted fault slips 
are caused by the velocity boundary conditions and not entirely by glacial loading or unloading.  
Finally, their predicted slip rates after glacial unloading are not supported by observations. Also, 
the large (2.4 mm/yr) slip predicted during deglaciation is over a time scale of a few thousand 
years and not the observed seismogenic time-scale of a few seconds or minutes.  
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6.2 THREE-STAGE SLIP MODEL 

 

 

Figure 6.3: Fault slip model of Steffen et al. (2014a). The springs represent foundations 
that mimic the advection of pre-stress term (see section 2.2.2). The triangles represent 
the fixed degree of freedom along the sides of the model. The red line indicates the 
location and orientation of the fault. For the 2D model, the parabolic ice sheet is used. 
The elastic parameters and gravity values are from the PREM Earth model.   

 
Steffen et al. (2014a) proposed a new finite-element (FE) methodology that takes into account 
the effects of a physical fault surface (not “virtual fault” as discussed in section 4.4) at arbitrary 
orientation and the new methodology can compute the fault slip magnitude (which the previous 
FE model, as described in sections 2 to 4, cannot do).  
 
The new methodology consists of a three-stage FE model: In the first stage, the FE model is 
exactly the same as that described in sections 2 to 4, i.e. the Earth model includes the whole 
viscoelastic mantle and the lithosphere (see Fig. 6.3). The glacial induced stresses are then 
computed exactly as in Wu & Hasegawa (1996b) for a realistic ice thickness history model. The 
background tectonic stresses as well as the overburden pressure are then added to the glacial 
induced stresses to give the total stress field. In the second stage, the FE model only includes 
the lithosphere with the fault structure, but the fault surfaces are tied allowing no fault 
movement. The total stress and displacement fields from the first stage are applied to this 
model. However, the applied stresses and displacements are not in equilibrium (as additional 
stresses are added), so this FE model is not stable. To obtain stability, all degrees of freedom 
are fixed in all directions and reaction forces are determined for each degree of freedom for all 
the nodes in a static analysis. These reaction forces are then applied together with the stress 
and displacement fields to the FE model of the third stage. The fault structure in this 3rd FE 
model that include faults with negative  is then untied and free to move. This results in a 
static fault movement that lasts only for a few seconds and thus simulates the occurrence of a 
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glacially-triggered earthquake. The new displacements and stresses in this third FE model is 
now analyzed for fault slip behavior. 
 
The advantage of this methodology is that fault movements are driven entirely by stress 
changes rather than by velocities at the boundary. In addition, the fault movements take place 
within the seismogenic time-scale of a few seconds or minutes and thus is consistent with what 
is observed.  The validity of this methodology in predicting the magnitude of slip is shown in Fig. 
6.4a. There, the black curve shows the vertical displacement along the Earth’s surface predicted 
by this three-stage FE model immediately after fault slip occurred. The dashed line is from the 
analytical solution of an elastic halfspace (Okada 1985). They both predict an upward motion of 
the hanging wall and a downward motion of the footwall in this thrust earthquake. The good 
agreement between them is clearly seen.  The variation of vertical displacement as a function of 
depth as predicted by this three-stage FE model is also shown in Fig. 6.4b.  
 

 

Figure 6.4: (a) Black line shows the predicted Vertical Displacement Variations along the 
surface of the model of Fig. 6.3, near the end of deglaciation – as computed by Steffen et 
al. (2014a). The dashed line is the analytical solution obtained by Okada (1985). (b) 
Vertical displacement as a function of depth computed by Steffen et al. (2014a). 
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Using a three-stage FE model in 2D and parabolic ice sheet with simple loading history, Steffen 
et al. (2014b, c) investigated the sensitivity of fault throw and activation time to lithospheric and 
crustal thickness, viscosity in the upper and lower mantle, ice-sheet thickness and width, as well 
as fault location, dip angle and fault properties (e.g. the coefficient of friction and depth of the 
fault tip) in a thrust regime. Their results confirm earlier findings with virtual faults that the 
presence of ice load suppresses fault movement, but that faults are reactivated near the end of 
deglaciation. The effect of the lateral length of the ice sheet on the activation time of 
earthquakes is also confirmed. The predicted throw of the thrust fault lies between 10 to 18 m, 
which is consistent with the observed maximum throw along the Pärvie fault in Northern 
Sweden. Their study found that the magnitude of fault slip is mainly affected by fault properties 
and the thickness of the crust and lithosphere, and not by the lateral size of the ice sheet. Ice 
thickness can also affect the magnitude of slip, but the effect is typically less than 5 meters. 
Now, the magnitude of the fault slip is related to earthquake magnitudes, from this the predicted 
fault slip is estimated to be able to generate paleo-earthquakes with magnitude between 5.9 to 
8.5. Another interesting result that is worth mentioning is that thrust faults with low dip angle 
typically stop after one fault movement, but high angle thrust faults (dip 60o) can be activated 
with several fault movements although the subsequent slips are smaller than that of the first 
event – which is also supported by observations (Smith et al. 2018).  

 
Figure 6.5: Changes in Fault Stability Margin for the thrust fault in Osning, Germany and 
the effect of fault slip magnitude on the timing of the historic event (adopted from 
Brandes et al. 2015). 

 
The fault slip magnitude can be used in understanding paleo and historic seismic events and their 
relation to stress release after fault reactivation. Fig. 6.5 summarizes the seismic history at a site 
along the Osning Thrust which lies just outside the Fennoscandian ice margin at the Last Glacial 
Maximum in north central Europe (Brandes et al. 2015, 2018). Here, beside the historical 
earthquake in 1612, a paleo-earthquake also occurred around 11.5 ka BP with magnitude greater 
than 5.5, implying a fault slip of around 1 meter. The predicted  history from the GIA model 
is shown by the red curve. From about 20 to 11.5 ka BP, the value of  is positive meaning 
that there is fault stability. But due to the retreat of the Fennoscandian ice sheet, it became zero 
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around 11.5 ka BP – in agreement with the observed time of the paleo-earthquake. When the 
fault slipped around 11.5 ka BP, part of the stress around the fault get released. If the fault slipped 
with magnitude around 1 m at 11.5 ka BP, then the stress release brought the fault back to stability 
as shown by the red curve. However, subsequent decay of brought it back to instability 
around the time of the historic earthquake in 1612. The dotted lines indicate how the magnitude 
of the fault slip affects the timing of the second historic seismic event. If the slip magnitude is 
much smaller than 1 m, then the second event is predicted to occur much earlier, e.g. around 8 
ka BP instead of 1612. On the other hand, if the fault slip is much greater than 1 m, then the 
second event would not have occurred during historic time.  So, the observed magnitude of the 
fault slip and the timing of the paleo-earthquake constrains the timing of the historic earthquake, 
and all three observations (the timing of the paleo and historic events and the magnitude of the 
paleo-slip-event) can be explained simultaneously by the glacial induced stress model. 
 

6.3 SUMMARY 

In summary, preliminary 2D study of the slip along a single active fault plane induced by a 
glacial loading cycle, confirms the findings of earlier studies with virtual faults.  However, 
Hampel’s model, which is driven by constant horizontal velocity at lateral boundaries, has been 
called into question because the ice and earth models used and the predicted slip rates are not 
realistic. The three-stage model of Steffen et al. (2014a) is more realistic - it can predict the 
observed throw of the Pärvie fault and fault movements are predicted to take place within the 
seismogenic time-scale of a few seconds or minutes. The magnitude of fault slip is found to be 
mainly affected by fault properties and the thickness of the crust and lithosphere. For the paleo-
earthquake in the Osning Thrust, the magnitude of the associated fault slip and stress release 
near the end of deglaciation is found to be key in determining the onset time of the subsequent 
historic earthquake event.  
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7. DISCUSSION 

In this report, we have considered stresses of different geologic origin and found that they can 
be classified as either time-dependent (within the last 20,000 years) or time-independent 
ambient stress for the purpose of this study.  Away from the areas of anomalous rheology, the 
time-dependent contribution is mainly from the glacial ice/water loading or unloading events, the 
upward migration of stress from the mantle and the concentration of stress in the lithosphere.  
The shear stress induced by glacier flow has also been studied.  Its contribution to the total 
stress field is found to be small and can be neglected in this study.  For studies of first-order 
(continental-scale) stresses in Laurentide and Fennoscandia, the stress due to ridge push at the 
Mid-Atlantic, the overburden stress and pore-fluid pressure are included in the time-independent 
ambient stress.  For more local studies, the regional and local tectonic stresses should be 
included.  These may change the ambient fault regime and the orientation of the ambient stress 
field, but should have little effect on the computational methodology of  described here.  
 
Different failure criterions have been reviewed.  These include Mohr-Coulomb and its 
extensions.  Due to the dynamic nature of the rebound stress, rocks move in and out of failure 
and, thus, Anderson and Sibson’s extensions of the Mohr-Coulomb criteria are not appropriate 
for this type of study, except for the background state (before the onset of glacial cycles).  A 
better quantity is the Fault Stability Margin or its equivalent version (Lund & Slunga 1999).  The 
quantity  is not dependent on the value of rock cohesion or any time-independent 
pressure term. Its value reflects whether fault stability or instability is promoted during the glacial 
cycle. For pre-existing faults that are initially very close to, but not at failure, the promotion of 
fault instability means that the fault can be reactivated and seismicity induced. Mogi-von Mises 
fracture criteria gives different values of fault stability, but has no effect on the timing, location or 
the mode of failure. 
 
From the discussion in Section 5 & 6, we see that most of the geophysical and geological 
observations (e.g. the timing of fault reactivation, the mode of failure, the fault slip magnitude 
and the location of seismicity) may be consistent with the predictions from models of glacial 
isostatic adjustment, provided that the fault were initially close to failure and the background 
stress regime is thrust-faulting (with ).  Within the ice margin, the main effect on the onset 
time of paleo-earthquake is from the ice model itself.  On the other hand, the amplitude of  
within the ice margin and its rate of change in the next few thousand years are sensitive to the 
rheology of the mantle and lithosphere.  Outside the ice margin, the ice history, ambient tectonic 
stress, mantle rheology and lithospheric rheology are all important factors that affect fault 
stability and mode of failure. 
 
In this report, most attention is focused on the thrust regime for the determination of background 
stress.  This is because the first order background stress fields in Laurentide and Fennoscandia 
are both compressive due to the spreading of the North Atlantic Ridge.  Furthermore, the 
background thrust regime assumption can explain most of the observed onset timing and mode 
of failure.  
 
Our stress evolution model shows that rebound stress was large and dominant from LGM to 
near the end of deglaciation.  Due to stress relaxation and migration, its magnitude has been 
decreasing exponentially with time and, today, tectonic stress has become more dominant than 
rebound stress.  However, rebound stress can still trigger fault instabilities.  In Fennoscandia, 
the effect of neotectonics have given rise to both strike-slip and normal faulting in addition to 
thrusting.  In eastern Canada, neotectonic is less dominating and thrusting remains the 
dominant mode for most events. 
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Currently, large uncertainties still exist in the models of major ice sheet history in the 
Pleistocene and the rheology profile of the mantle and lithosphere.  These models can be 
improved with more and more precise observations such as relative sea-level data, crustal 
velocities, measurements of gravity and the Earth’s rotational motion.  With improved ice and 
Earth rheology models, the fault stability of sites inside and outside the ice margin can be better 
understood. 
 
In this report, our main focus is on glacial induced faulting in Laurentia and Fennoscandia; those 
in Greenland, Antarctica, other smaller ice sheets and alpine glaciers could also be fully 
investigated. For the study of glacial induced faulting in a specific geographic area, the effects of 
local tectonic stresses and pore fluid pressure variations during the glacial cycle should also be 
included. For our fault slip model, only results from 2D models have been presented, but results 
of 3D models would be more realistic. Furthermore, the reactivation of a fault system, including 
faults that intersect with each other, needs to be further studied.  
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